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Abstract–The acapulcoite-lodranite meteorites are members of the primitive achondrite class.
The observation of partial melting and resulting partial removal of Fe-FeS indicates that
this meteorite group could be an important link between achondrite and iron meteorites, on
the one hand, and chondrite meteorites, on the other. Thus, a better understanding of the
thermomechanical evolution of the parent body of this meteorite group can help improve
our understanding of the evolution of early planetesimals. Here, we use 2-D and 3-D finite-
difference numerical models to determine the formation time, initial radius of the parent
body of the acapulcoite-lodranite meteorites, and their formation depth inside the body by
applying available geochronological, thermal, and textural constraints to our numerical
data. Our results indicate that the best fit to the data can be obtained for a parent body
with 25–65 km radius, which formed around 1.3 Ma after calcium-aluminum-rich
inclusions. The 2-D and 3-D results considering various initial temperatures and the effect
of porosity indicate possible formation depths of the acapulcoite-lodranite meteorites of
9–19 and 14–25 km, respectively. Our data also suggest that other meteorite classes could
form at different depths inside the same parent body, supporting recently proposed models
(Elkins-Tanton et al. 2011; Weiss and Elkins-Tanton 2013).

INTRODUCTION

Geochemical data and astronomical observations
indicate that planetesimals, the building blocks of
terrestrial planets and sources of meteorites, have
formed within the first few million years after the
formation of the first solids in the solar system (e.g.,
Kleine et al. 2009). Several numerical models have
focused on the thermal evolution of these objects (e.g.,
Ghosh and McSween 1998; Merk et al. 2002; Hevey
and Sanders 2006; Sahijpal et al. 2007; Henke et al.
2012). However, most of these studies were based on
1-D models assuming that conduction is the main
mechanism cooling the interior of these objects. There is
ample evidence suggesting that conductive cooling is not
the only mechanism involved. First, increasing evidence
for early magnetic fields in meteorite parent bodies
argues for efficient cooling of the initially hot
planetesimals (Weiss et al. 2008; Fu et al. 2012;

Tarduno et al. 2012), which requires more efficient heat
transport than conduction through solid material.
Second, the accretion time scale of these bodies in the
first few million years after the beginning of the solar
system suggests that heat produced by decay of 26Al
was sometimes sufficient to melt them, which indicates
that liquid-state convection could have played a role.
Third, work by Tkalcec et al. (2013) shows that
meteorite parent bodies could have experienced solid-
state deformation, which cannot be explained by melt
extraction processes or impact processes and cannot be
studied using 1-D models.

Recently, an increasing number of workers argued
that planetesimals with up to several hundred kilometer
radii formed rapidly via the gravitational or streaming
instability mechanism, thus many of the meteorite
parent bodies could be such primordial asteroids, which
experienced only a very short accretion history
(Johansen et al. 2007; Cuzzi et al. 2008, 2010;
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Morbidelli et al. 2009; Chambers 2010; Johansen and
Klahr 2011; Parisi 2013) of tens to hundreds of years.

Here, we studied the thermal and deformation
history of already accreted planetesimals. As 2-D
models have a smaller surface-to-volume ratio
compared with 3-D, this can result in an artificially
slower cooling of the interior. To estimate the
importance of this effect, we performed in this study
both 2-D and 3-D thermomechanical models
considering both conduction and advection processes.
We have also compared numerical 2-D and 3-D results
with analytical 1-D radial heat conduction models
(Carslaw and Jaeger 1959) to estimate under which
conditions pure solid-state conduction models can be
safely applied.

It has been argued that small planetesimals might
have initially a high porosity (Cuzzi et al. 2008).
However, it has also been suggested that cold isostatic
pressing reduces the porosity of planetesimals with radii
ranging from 20 to 50 km largely and that for even
larger objects, the initial porosity is already low
throughout almost all of the body (Henke et al. 2012).
To test the possible effect of an initially high porosity,
we performed also 2-D models considering this effect.

Additionally, we have put constraints on the
formation time and radius of the acapulcoite-lodranite
parent body for which geochronological data on the
thermal history are available. These were then
compared with previous constraints on radius and
formation time, relying on analytical thermal evolution
models and radiometric data (e.g., Touboul et al. 2009).

The structure of the manuscript is the following: In
the next section, we describe the constraints on the
thermal evolution of planetesimals with a focus on the
acapulcoite-lodranite parent body. This is followed by a
discussion of the numerical model and model setup. The
last two sections contain our findings and the
discussion.

CONSTRAINTS ON THE THERMAL

HISTORY OF PLANETESIMALS

In this section, we summarize various sets of
observations derived from petrology, major and trace
element geochemistry, and isotope geochemistry on the
thermal history of the parent bodies of meteorites.
There are several types of observations, which can be
used to constrain the thermal history of planetesimals.
First, the accretion time scale provides a first-order
indication on the potential amount of heating due to
26Al decay. In this respect, one should clearly
distinguish between the time scale of accretion and the
time scale of core formation. As shown in Qin et al.
(2008), there should be an offset between the two time

scales because the temperature increase due to the
conversion of gravitational energy is insufficient for
heating bodies <1000 km significantly. Notably, for
small bodies, the minimum temperature for melting a
Fe-FeS alloy will not be reached, preventing an efficient
iron-silicate separation (Schubert et al. 1986). Thus, the
core formation will take place at the pace of 26Al decay,
i.e., it should take on the order of several 26Al half-lives
to reach the peak temperature inside the body. Second,
the degree of melting at a given pressure reached in
basaltic achondrites can provide an estimate of mantle
temperatures. This can be done either by considering
the major element chemistry, especially if petrological
experiments for the required bulk compositions are
available or by using the trace element contents to
derive rough estimates of the degree of melting (see
below). Third, in some cases, it is possible to derive
cooling rates for planetesimals. As the closure
temperature for some isotope systems has been
determined experimentally (e.g., Van Orman et al.
2006), it is possible to use this information to derive
cooling rates. In addition, it is possible to use
siderophile elements in achondrites (e.g., Righter and
Drake 1996) to derive the temperatures of metal-silicate
equilibration during core formation; this should
possibly represent the maximum temperatures reached
in a planetesimal. In numerous cases, the thermal
history of planetesimals such as the acapulcoite-
lodranite parent body can be perturbed by impacts
(Rubin 2007). The effect of impacts can be to disrupt
planetesimals entirely, in which case, the cooling rates
can increase by orders of magnitude (e.g., Benedix et al.
2010). Alternatively, a recent study has shown that
impacts can significantly increase the cooling rate by
modifying the shape of planetesimals (Davison et al.
2013). In what follows, we summarize the information
obtained so far using these various methods for the
acapulcoite-lodranite parent body.

Time Scale of Accretion and Metal segregation

in the Acapulcoite-Lodranite Parent Body

Based on an Hf-W study of acapulcoites and
lodranites combined with thermal modeling of their
parent body, it was concluded that the acapulocoite-
lodranite parent body accreted between 1.5 and 2 Ma
after calcium-aluminum-rich inclusions (CAI) (Touboul
et al. 2009). Such an early age of accretion indicates
that the main source of heating was due to heating by
26Al rather than by impacts as, for small objects, impact
heating is insufficient to cause extensive heating (e.g.,
Keil et al. 1993). It should be noted also that silicate
melting reaches 20% for the case of lodranites, which
indicates again that impact heating could not be the
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sole source of heating. One should note, however, that
this age is derived from a combination of Hf-W dating
with simplified solid-state conduction models for the
acapulcoite-lodranite parent body (A-LPB) and should
therefore be considered as a first-order approximation.
If the A-LPB had accreted much earlier than 1 Ma after
CAI, then most likely it would have experienced
significant melting, which is not observed. Indeed, the
Hf/W ratios of acapulcoites and lodranites are similar
to that of ordinary chondrites, which indicates that any
episode of metal segregation must have been limited
and kept the Hf/W ratio close to its original chondritic
value. The Hf-W ages of acapulcoites and lodranites
based on internal isochrons yield ages of 5 to almost
6 Ma after CAI, and these represent the oldest
radiometric ages measured for this class of meteorites.
This is consistent with the idea that the closure
temperature of Hf-W is the highest (975–1025 °C)
compared with other chronometers. This relatively late
accretion is thus consistent with the observation that no
significant metal segregation did take place as heating
due to 26Al decay was insufficient.

Conditions and Timing of Mantle Melting

The geochemical and petrological observations of
acapulcoites and lodranites provide important
information about the melting conditions and allow a
classification of these meteorites according to their
thermal evolution. There is a clear distinction between
the acapulcoites showing almost no indication of
silicate melting, while the most evolved lodranites
experienced up to 20% silicate melting (McCoy et al.
1996, 1997; Floss 2000). The most primitive
acapulcoites have not experienced any melt separation,
while the more evolved ones have lost some Fe-FeS
alloy. This corresponds to a minimum eutectic
temperature of approximately 980 °C for the Fe-FeS
alloy for pressures ranging between 0 and 3 GPa
(Usselman 1975). A higher temperature could also have
been reached, corresponding to lower S contents in the
metallic alloy. More evolved acapulcoites would have
reached higher temperatures, but their maximum
temperatures should not have exceeded the silicate
solidus (around 1120 °C for a peridotite composition at
low pressure; Hirschmann 2000). As mentioned before,
evolved lodranites were heated to higher temperatures
and have lost up to 20% silicate as shown by the REE
patterns depleted in light rare earths. One can estimate
that the corresponding temperature is approximately
100 °C above the solidus, assuming isobaric peridotite
melting at low pressure (Herzberg et al. 2000;
Hirschmann 2000; Trønnes and Frost 2002; Wade and
Wood 2005).

Thermal History of the Acapulcoite-Lodranite Parent

Body

The interpretation of the late-stage cooling of the
acapulcoite-lodranite parent body for temperatures
ranging between 800 and 120 °C is rather complex.
First thermometry based on mineralogy indicates rather
fast cooling rates (Zipfel et al. 1995) in contrast to
cooling rates using fission track dating or K/Ar. Thus,
it has been suggested that the fast cooling recorded by
mineralogical indicators was due to disruption of the
parent body by an impact, while the later history could
be explained by re-accretion to explain the slow cooling
rate near 120 °C (G€opel and Manh�es 2010). It is thus
relevant as in G€opel and Manh�es (2010) to consider
several stages of cooling including slowing cooling until
4555 Ma followed by a rapid cooling due to a
disruptive impact as witnessed in the mineralogy of
acapulcoites (Rubin 2007). This late-stage shock-heating
event has probably also reset isotope systems such as
Ar-Ar and U-Th-He, both with low closure
temperatures, and has been called upon to explain veins
of metal and sulfides, metallic copper, or ovoid regions
of opaque blebs inside orthopyroxenes (McCoy et al.
1996). One possible interpretation of these observations
is that the A-LPB cooled from its peak temperature
until 4555 Ma where it reached the closure temperature
of U-Pb in apatite (350–650 °C) as reported in G€opel
and Manh�es (2010). This time would represent the
timing of impact and the mineralogical textures
associated with this impact described in Rubin (2007)
would date from this time. It is worth noting also that
this impact event at 4555 Ma did not entirely reset the
whole rock U-Pb system as the latter records an age of
4562 Ma, which is possibly slightly younger than the
oldest Hf-W age (Touboul et al. 2009). If we estimate
the closure temperature of silicates to 700–800 °C, then
this would give an additional anchor for the cooling
curve of the acapulcoites.

A subsequent reassembly would then explain the
slow late-stage cooling. One should note in addition
that some acapulcoites show up to 6% relict chondrule
grains that indicate that they were not submitted to
long-term heating at temperatures where extensive
recrystallization of silicates takes place. In this respect,
these samples (e.g., GRA98028) may be analogs of
Portales Valley, a so-called H7 chondrite that has
reached peak temperatures similar to acapulcoites
(Ruzicka et al. 2005). Note that these samples were not
analyzed in the study of Touboul et al. (2009); thus, it
is possible that their thermal record and associated
chronology was different.

Table 1 presents a summary of the temperatures
and timing of accretion for the acapulcoite-lodranite
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parent body, together with a comparison with two other
achondrite families, namely eucrites and angrites, which
could be compiled from literature data. These
observations are used to constrain the thermal model
described in the next section.

Constraints on Initial Temperature of the Protoplanetary

Disk

The temperature at the midplane of the
protoplanetary disk, which sets the initial starting
temperature of the planetesimal Tspace, is in reality a
time-dependent parameter. Depending on the amount
of viscous heating due to stellar mass accretion, the
disk temperature can vary in the first approximately
106 yr in the inner part of the disk over more than one
order of magnitude (Davis 2005; Min et al. 2011).
Thus, a significantly different initial temperature—and
during later evolution surface temperature—can
potentially affect the results for early-formed
planetesimals. In the case of the A-LPB, Zipfel et al.
(1995) have shown that the abundance of moderately
volatile elements with a 50% condensation temperature
of 600 K in this body was depleted by a factor of two
relative to CI chondrites. This could indicate that if the
A-LPB formed at a time when the nebula was still
present that the disk temperature reached up to 600 K,
but this clearly represents only an upper limit. It could
well be that the nebula gas had been removed by the
time of accretion and that the disk temperature was
already lower.

NUMERICAL MODEL

To study the thermal evolution of early-formed
planetesimals and constrain the original size and
formation time of the acapulcoite-lodranite parent
body, we consider here both two- and three-dimensional
creeping flow using the extended Boussinesq
approximation, which can account for both thermal and
chemical buoyancy forces applying the finite-difference
code family I2ELVIS/I3ELVIS (Gerya and Yuen 2007).
For this purpose, we solve the equations of mass,

momentum, and energy conservation. Additionally, we
compute the location-dependent gravity field by solving
the Poisson equation. We assume a temperature-,
pressure-, strain rate-, and melt fraction-dependent
silicate rheology (Pinkerton and Stevenson 1992; Ranalli
1995). Relevant code features not given in the
publication mentioned above are described here.

Batch-Melting Model for Silicates

A batch-melting model assuming a peridotite
composition is included. Parameterizations for both the
solidus and liquidus temperatures, Tsol and Tliq of
peridotite are applied (Herzberg et al. 2000; Wade and
Wood 2005). For T ≤ Tsol, the silicate melt fraction u is
zero, for T ≥ Tliq, it is equal to 1. In the intermediate
temperature range Tsol < T < Tliq, the melt fraction is
assumed to increase linearly with temperature according
to the following relation (Burg and Gerya 2005):

u ¼ T� Tsol

Tliq � Tsol
: (1)

Both consumption and release of latent heat due to
melting and freezing of silicates are taken into account.

Consequently, the effective density qeff of partially
molten rocks varies with the fraction of silicate melt u,
additionally to its dependence on temperature T,
pressure P, and composition c (see Gerya and Yuen
2007). The effective density is assumed to vary linearly
with the melt fraction (Burg and Gerya 2005):

qeff c;P;T;uð Þ ¼ qSi�sol c;P;Tð Þ
� u qSi�sol c;P;Tð Þ � qSi�liq c;P;Tð Þ� �

(2)

where qSi-sol and qSi-liq are the densities of the solid and
liquid silicates, respectively.

The presence of a silicate melt fraction u > 0.1 also
has an influence on the effective viscosity of the silicate
material geff, which is described as follows (Pinkerton
and Stevenson 1992):

Table 1. Comparison of the acapulcoite-lodranite group with other known achondrite meteorite groups.

Meteorite group tacc [Ma] tcore [Ma] Tpeak [°C] Tmagm [°C] Tcore [°C]

Eucrites 0–4 (1) 1–4 (1,2) 1530 (3,4) 1150–1190 (5,6) 1530 (3,4)
Angrites <2 (7) <2 (7) >Tliquidus (8) 1180 (9) 1900 (10)

Acapulcoites-lodranites 1.5–2 (11) N/A 1000–1200 (11) 1200 (11) N/A

tacc = accretion time; tcore = core formation time; Tpeak = peak temperature; Tmagm = magmatic temperature; Tcore = core formation

temperature.

References: (1) Touboul et al. (2008), (2) Kleine et al. (2009), (3) Righter and Drake (1996), (4) Righter and Drake (1997), (5) Stolper (1975), (6)

Stolper (1977), (7) Kleine et al. (2012), (8) Longhi (1999), (9) Jurewicz et al. (1993), (10) Righter (2008), (11) Touboul et al. (2009).
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geff ¼ gSi�liq exp 2:5þ 1� u
u

� �0:48
" #

1� uð Þ
( )

(3)

Within a narrow silicate melt fraction range, the
silicate behavior undergoes a transition from a solid-like
material to a low-viscosity crystal suspension (see
Solomatov 2007; Costa et al. 2009). Thus, the viscosity
of largely molten silicates gSi-liq is approximately 10�4

to 102 Pa s (Rubie et al. 2003; Liebske et al. 2005).
Hence, due to the low viscosity, both the Rayleigh Ra
and the Nusselt number Nu will be high and cooling
will be a very efficient process.

Effective Thermal Conductivity of Largely Molten

Silicates

Due to numerical restrictions, the lower cut-off
viscosity in the numerical model is gnum = 1017 Pa s,
orders of magnitude higher than realistic viscosities for
largely molten silicates. Taking the dependency of the
effective viscosity of partially molten silicates on
temperature T, strain-rate _e, and melt fraction u (see
Gerya and Yuen 2007) into account, one can calculate
(see Equation 3) that the effective viscosity of partially
molten silicate material in the numerical model is
always close to the cut-off viscosity value gnum. It was
suggested that the heat flux from a magma ocean
(Solomatov 2007) can be described using the so-called
soft turbulence model (Kraichnan 1962; Siggia 1994). In
this model, the expected convective heat flux q is given
as:

q ¼ 0:089
k T� Tsurfð Þ

L
Ra1=3 (4)

where the Rayleigh number Ra is defined as

Ra ¼ ag T� Tsurfð Þq2effcPD3

kgSi�liq

(5)

a, is the thermal expansivity, g is the gravitational
acceleration, T is the potential temperature, Tsurf is the
surface temperature, k is the thermal conductivity, and
D is the depth of the magma ocean.

Depending on the actual silicate melt viscosity in
the numerical model gnum, one can estimate an
increased effective thermal conductivity keff by using
the theoretically expected heat flux from a magma
ocean q from Equation 4. This effective thermal
conductivity can simulate the heat flux of a medium
with a realistic magma ocean viscosity (Zahnle et al.
1988; Tackley et al. 2001; Hevey and Sanders 2006;

Golabek et al. 2011), despite our numerical limitations.
Combining Equations 4 and 5, this can be done using
the following expression for the effective thermal
conductivity keff:

keff ¼ q

0:089

� �3=2 1

T� Tsurfð Þ2qeff
agcP
gnum

� ��1=2

(6)

Porosity Treatment

The effect of cold isostatic pressing due to self-
gravity of a planetesimal on the porosity φ is
considered as described in recent literature (Henke et al.
2012):

/ pð Þ ¼ 0:42þ 0:46
p

p0

� �1:72

þ 1

" #�1

(7)

where p is the internal pressure and p0 is a constant.
Also, the influence of porosity on both the bulk

density of solid silicates and its thermal conductivity is
taken into account as described elsewhere (Henke et al.
2012).

The density of solid silicates is considered to vary
linearly with the porosity:

qSi�por c;P;T;/ð Þ ¼ qSi�sol c;P;Tð Þ 1� /ð Þ (8)

For φ < 0.2, the thermal conductivity of the solid
silicates is given by:

k1 /ð Þ ¼ ke�/=/0 (9)

where φ0 is a constant.
In case φ > 0.4, the following equation is used:

k2 /ð Þ ¼ kea�/=/1 (10)

where a and φ1 are constants.
Finally, for the intermediate case 0.2 ≤ φ ≤ 0.4, we

use the following equation:

k3 /ð Þ ¼ k41 /ð Þ þ k42 /ð Þ� �1=4
(11)

For T > 700 K (Yomogida and Matsui 1984) we
consider that the sintering process further reduces the
porosity of the solid silicate material. For this
purpose, we use the model described elsewhere in
more detail (Yomogida and Matsui 1984; Henke et al.
2012).
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Based on Henke et al. (2012), the change of the
porosity due to sintering can be given as:

@/
@t

¼ A 1� /ð Þr
3=2

<3
exp � E0

a

RT

� �
(12)

A is a constant value, r is the effective stress on the
contact faces of two grains, ℜ is the effective grain size,
E 0

a is the apparent activation energy of the sintering
process, and R is the universal gas constant,
respectively.

For the constants in Equations 7, 9, 10, and 12, we
adopt here the values as suggested elsewhere (Schwenn
and Goetze 1978; Henke et al. 2012).

Model Setup

The numerical model boxes in 2-D and 3-D
Cartesian geometry have dimensions of 500 9 500 km
and (520)3 km, respectively. The meteorite parent body
(RP = 25–105 km) is surrounded by the so-called sticky
air layer (e.g., Schmeling et al. 2008), which has an
almost zero density, a constant temperature, and a
constant viscosity (gSA = 1017 Pa s). It has been shown
that this approach allows simulating both a free surface
(Crameri et al. 2012) and an infinite reservoir to absorb
heat released from the planetary body (Golabek et al.
2011; Tkalcec et al. 2013). The grid employed in 2-D
has 501 9 501 grid points, while generally, (261)3 grid
points are employed in 3-D. Correspondingly, the
standard numerical grid resolution is 1 km in 2-D and
2 km in 3-D, respectively. Additionally, we performed
resolution tests in 3-D geometry with (101)3 and (501)3

grid points, corresponding to 5.2 and 1.04 km grid
resolution, respectively.

As the potential energy released upon accretion of
the planetesimals considered here results only in a small
temperature increase (Schubert et al. 1986), we neglect
this effect and assume an isothermal initial temperature
field. As a reference value, we use Tspace = TSA = 290 K
(Ghosh and McSween 1998). To test the effect of the
uncertain temperature at the midplane, we perform
additional calculations with two different initial
temperatures, namely 170 and 400 K (see also Tables 2
and 3). For the sake of simplicity, the spherical
planetesimal is assumed to be completely composed of
silicates. For this purpose, an olivine rheology is applied
(Ranalli 1995). This is reasonable as olivine is the most
abundant mineral in typical mantle composition and is
weaker relative to pyroxenes, thus controlling
deformation (Mackwell 1991).

To test the effect of the initial porosity of the
planetesimal on the thermomechanical evolution, we
perform several calculations assuming an initial porosity

of φinit = 0.5 throughout the corresponding planetesimal
(Henke et al. 2012) and model the change of porosity as
described in the Porosity Treatment section.

For all models, we consider time-dependent
radioactive heating by both short- (26Al) and long-lived
(40K, 235U, 238U, 232Th) radiogenic isotopes. In the early
solar system, 26Al is by far the dominant radioactive
energy source and the initial 26Al/27Al is taken as
5.85 9 10�5 (Thrane et al. 2006), this value representing
an upper limit for the abundance of 26Al (see Jacobsen
et al. 2008). All other physical parameters are reported
in Table 2.

In the model runs, we vary both the radius RP and
the instantaneous formation time tform of the
planetesimals. While radii between 25 and 105 km are
considered, the instantaneous formation time is varied
in fractions of the half-life time of 26Al, namely between
0 and 2.92 Ma after CAI formation, thus reducing the
amount of available radiogenic (especially 26Al) heating
(see also Table 3).

RESULTS

General Results

The comparison between peak temperatures
predicted by the analytical solid-state conduction model
(Carslaw and Jaeger 1959) and both 2-D and 3-D
numerical results shows that for models assuming a late
formation where radiogenic heating by 26Al is weak, the
analytical and the numerical models agree very well.
For higher temperatures, the results start to deviate due
to onset of convective heat transport and temperature
buffering caused by latent heat effects, which are both
not considered in the analytical model (see Fig. 1). This
allows the numerical models to avoid extremely high
internal temperatures comparable to the vaporization
temperature of forsterite as suggested by the analytical
model. As expected, the cooling in 2-D is less efficient
than in 3-D calculations, resulting in slightly higher
peak temperatures in 2-D models compared with 3-D
results. As mentioned above, differences between 2-D
and 3-D calculations are mainly related to a different
surface-to-volume ratio in cylindrical and spherical
planetary geometries, respectively. A resolution test in
3-D shows good convergence; thus, a resolution of
(261)3 grid points appears to be sufficient for the 3-D
calculations (see Fig. 1).

Application to the Acapulcoite-Lodranite Parent Body

The following constraints are used to estimate
whether the temperature evolution at a certain depth d
matches the characteristics of the A-LPB in order to
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find a body from which both types of meteorites could
be derived:
1. Possible acapulcoite temperature evolutions must

match geochronological data within error bars and
peak temperatures must exceed the Fe-FeS eutectic

temperature, but stay below the peridotite solidus at
all times.

2. Possible lodranite temperature evolutions must
match geochronological data within error bars and
the peak temperatures must exceed the peridotite
solidus by at least 50 K, but stay at all times within
100 K of the peridotite solidus temperature.

3. Cooling curves for candidate depths must be
undisturbed, as this indicates active solid-state
deformation, which is inconsistent with the texture
of acapulcoite-lodranites.

Reference Case: Tspace = 290 K
Analysis of the 2-D results shows that for all

studied radii, objects with formation times
tform ≤ 1.095 Ma may fit the geochronological data for
certain depths; however, it is not possible to find fits
that also match the thermal constraints for acapulcoites
and lodranites (see circles in Fig. 2). Additionally,
possible fits exhibit strong perturbations of the cooling
curves, indicating that solid-state deformation (see
Fig. 3b for 3-D example) in the form of cooler
downwellings and resultant warm upwellings occurred
(Elkins-Tanton et al. 2008; Tkalcec et al. 2013).

On the other hand, for all studied radii, objects that
formed at tform ≥ 1.825 Ma show even in their deep
interior insufficient internal temperatures to match the
peak temperatures observed in the A-LPB, thus
excluding any possible matches (see circles in Fig. 2).

A special case are the models with RP = 25 km,
where models starting at 1.095 Ma and earlier display

Table 2. Physical parameters.

Parameter Symbol Value Units Reference

Parent body radius RP 25–105 km
Instantaneous formation time tform 0–2.92 Ma

Density of uncompressed silicate melt qSi-liq 2900 kg m�3 (1,2)
Density of uncompressed solid silicates qSi-sol 3500 kg m�3 (1)
Temperature of space (sticky air) Tspace 170–400 K (3,4)

Activation energy Ea 470 kJ mol�1 (5)
Dislocation creep onset stress r0 3 9 107 Pa (6)
Power law exponent n 4 (5)

Latent heat of silicate melting LSi 400 kJ mol�1 (3,6)
Silicate melt fraction at rheological transition /crit 0.4 (7,8)
Heat capacity of silicates cP 1000 J (kg�K)�1 (6)
Thermal expansivity of solid silicates aSi-sol 3 9 10�5 1/K (2)

Thermal expansivity of molten silicates aSi-liq 6 9 10�5 1/K (2)
Thermal conductivity of solid silicates k 3 W (m�K)�1 (9)
Thermal conductivity of molten silicates keff ≤106 W (m�K)�1

Minimum thermal conductivity of unsintered solid silicates klow 10�3 W (m�K)�1 (10,11)
Temperature at onset of hot sintering Τsint 700 K (10)
Initial porosity before cold isostatic pressing φinit 0.5 (11)

References: (1) Stolper et al. (1981), (2) Suzuki et al. (1998), (3) Ghosh and McSween (1998), (4) Barshay and Lewis (1976), (5) Ranalli (1995),

(6) Turcotte and Schubert (2002), (7) Solomatov (2007), (8) Costa et al. (2009), (9) Tarduno et al. (2012), (10) Yomogida and Matsui (1984),

(11) Henke et al. (2012).

Fig. 1. Comparison between peak temperatures predicted for
different formation times tform by the analytical solid-state
conduction model (red diamonds), 2-D model results (blue
circles), and 3-D model results (green squares) for a depth of
19 km inside a body with 45 km radius. 3-D resolution test
data are shown by a green right-pointing triangle (1013 grid
points) and a green left-pointing triangle (5013 grid points). For
comparison, the solidus temperature of peridotite (Herzberg
et al. 2000) and the vaporization temperature of forsterite
(Benz et al. 1989) at low pressures are shown as black and gray
lines, respectively. (see online version for color figure.)
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Table 3. List of numerical models.

Model Radius RP [km] Formation time tform [Ma] Geometry Grid points Tspace [K] Initial porosity?

alp01 25 0 2-D 501 9 501 290 No
alp02 25 0.73 2-D 501 9 501 290 No

alp03 25 1.095 2-D 501 9 501 290 No
alp04 25 1.2775 2-D 501 9 501 290 No
alp05 25 1.46 2-D 501 9 501 290 No

alp06 25 2.19 2-D 501 9 501 290 No
alp07 25 2.92 2-D 501 9 501 290 No
alp08 35 0 2-D 501 9 501 290 No

alp09 35 0.73 2-D 501 9 501 290 No
alp10 35 1.095 2-D 501 9 501 290 No
alp11 35 1.2775 2-D 501 9 501 290 No
alp12 35 1.46 2-D 501 9 501 290 No

alp13 35 1.825 2-D 501 9 501 290 No
alp14 35 2.19 2-D 501 9 501 290 No
alp15 35 2.92 2-D 501 9 501 290 No

alp16 45 0 2-D 501 9 501 290 No
alp17 45 0.73 2-D 501 9 501 290 No
alp18 45 1.095 2-D 501 9 501 290 No

alp19 45 1.2775 2-D 501 9 501 290 No
alp20 45 1.46 2-D 501 9 501 290 No
alp21 45 1.825 2-D 501 9 501 290 No
alp22 45 2.19 2-D 501 9 501 290 No

alp23 45 2.92 2-D 501 9 501 290 No
alp24 65 0 2-D 501 9 501 290 No
alp25 65 0.73 2-D 501 9 501 290 No

alp26 65 1.095 2-D 501 9 501 290 No
alp27 65 1.2775 2-D 501 9 501 290 No
alp28 65 1.46 2-D 501 9 501 290 No

alp29 65 1.825 2-D 501 9 501 290 No
alp30 65 2.19 2-D 501 9 501 290 No
alp31 65 2.92 2-D 501 9 501 290 No

alp32 75 0 2-D 501 9 501 290 No
alp33 75 0.73 2-D 501 9 501 290 No
alp34 75 1.095 2-D 501 9 501 290 No
alp35 75 1.2775 2-D 501 9 501 290 No

alp36 75 1.46 2-D 501 9 501 290 No
alp37 75 2.19 2-D 501 9 501 290 No
alp38 75 2.92 2-D 501 9 501 290 No

alp39 85 0 2-D 501 9 501 290 No
alp40 85 0.73 2-D 501 9 501 290 No
alp41 85 1.095 2-D 501 9 501 290 No

alp42 85 1.2775 2-D 501 9 501 290 No
alp43 85 1.46 2-D 501 9 501 290 No
alp44 85 1.825 2-D 501 9 501 290 No

alp45 85 2.19 2-D 501 9 501 290 No
alp46 85 2.92 2-D 501 9 501 290 No
alp47 95 1.46 2-D 501 9 501 290 No
alp48 95 1.825 2-D 501 9 501 290 No

alp49 105 0 2-D 501 9 501 290 No
alp50 105 0.73 2-D 501 9 501 290 No
alp51 105 1.095 2-D 501 9 501 290 No

alp52 105 1.2775 2-D 501 9 501 290 No
alp53 105 1.46 2-D 501 9 501 290 No
alp54 105 2.19 2-D 501 9 501 290 No
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Table 3. Continued. List of numerical models.

Model Radius RP [km] Formation time tform [Ma] Geometry Grid points Tspace [K] Initial porosity?

alp55 105 2.92 2-D 501 9 501 290 No
alp56 45 0 3-D 261 9 261 9 261 290 No
alp57 45 0.73 3-D 261 9 261 9 261 290 No

alp58 45 1.095 3-D 261 9 261 9 261 290 No
alp59 45 1.2775 3-D 261 9 261 9 261 290 No
alp60 45 1.2775 3-D 101 9 101 9 101 290 No

alp61 45 1.2775 3-D 501 9 501 9 501 290 No
alp62 45 1.46 3-D 261 9 261 9 261 290 No
alp63 45 1.825 3-D 261 9 261 9 261 290 No

alp64 45 2.19 3-D 261 9 261 9 261 290 No
alp65 45 2.92 3-D 261 9 261 9 261 290 No
alp66 25 1.095 2-D 501 9 501 170 No
alp67 25 1.2775 2-D 501 9 501 170 No

alp68 25 1.46 2-D 501 9 501 170 No
alp69 35 1.095 2-D 501 9 501 170 No
alp70 35 1.2775 2-D 501 9 501 170 No

alp71 35 1.46 2-D 501 9 501 170 No
alp72 45 1.095 2-D 501 9 501 170 No
alp73 45 1.2775 2-D 501 9 501 170 No

alp74 45 1.46 2-D 501 9 501 170 No
alp75 65 1.095 2-D 501 9 501 170 No
alp76 65 1.2775 2-D 501 9 501 170 No

alp77 65 1.46 2-D 501 9 501 170 No
alp78 75 1.095 2-D 501 9 501 170 No
alp79 75 1.2775 2-D 501 9 501 170 No
alp80 75 1.46 2-D 501 9 501 170 No

alp81 25 1.095 2-D 501 9 501 400 No
alp82 25 1.2775 2-D 501 9 501 400 No
alp83 25 1.46 2-D 501 9 501 400 No

alp84 35 1.095 2-D 501 9 501 400 No
alp85 35 1.2775 2-D 501 9 501 400 No
alp86 35 1.46 2-D 501 9 501 400 No

alp87 35 1.825 2-D 501 9 501 400 No
alp88 45 1.095 2-D 501 9 501 400 No
alp89 45 1.2775 2-D 501 9 501 400 No

alp90 45 1.46 2-D 501 9 501 400 No
alp91 45 1.825 2-D 501 9 501 400 No
alp92 65 1.095 2-D 501 9 501 400 No
alp93 65 1.2775 2-D 501 9 501 400 No

alp94 65 1.46 2-D 501 9 501 400 No
alp95 65 1.825 2-D 501 9 501 400 No
alp96 75 1.095 2-D 501 9 501 400 No

alp97 75 1.2775 2-D 501 9 501 400 No
alp98 75 1.46 2-D 501 9 501 400 No
alp99 75 1.825 2-D 501 9 501 400 No

alp100 25 1.095 2-D 501 9 501 290 Yes
alp101 25 1.2775 2-D 501 9 501 290 Yes
alp102 25 1.46 2-D 501 9 501 290 Yes
alp103 35 1.095 2-D 501 9 501 290 Yes

alp104 35 1.2775 2-D 501 9 501 290 Yes
alp105 35 1.46 2-D 501 9 501 290 Yes
alp106 45 1.095 2-D 501 9 501 290 Yes

alp107 45 1.2775 2-D 501 9 501 290 Yes
alp108 45 1.46 2-D 501 9 501 290 Yes
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too high peak temperatures, while models starting at
1.2775 Ma and later experience peak temperatures too
low to give a reasonable match (see circles in Fig. 2).

For RP ≥ 35 km and tform = 1.46 Ma, the
geochronological data and thermal constraints for
acapulcoites can be matched at depths of 15–18 km;
however, possible fits to the lodranite geochronological
data exhibit insufficient temperatures to match the
observed peak temperature (see circles in Fig. 2).

Thermal, geochronological, and deformational
constraints can all be fulfilled in the 2-D models best by
planetesimals with RP = 35–65 km and instantaneous
accretion times ranging from 1.095 < tform < 1.46 Ma
after CAI formation (see Fig. 2). Best fits are obtained
for depth of 11–14 km for acapulcoites and 16–19 km
for lodranites, respectively (see Fig. 4a).

To test these 2-D results, we performed a set of
additional 3-D calculations for RP = 45 km (see
Table 3), which exhibit generally similar results with
peak temperatures exceeding the constraints and solid-
state deformation at depths allowing us to fit
geochronological data for tform ≤ 1.095 Ma (see square
symbols in Figs. 2 and 3), while bodies formed at
tform ≥ 1.825 Ma are too cold in their interiors. Best
matches—without displaying downwellings at the
relevant depths—can be obtained for tform = 1.2775 and
1.46 Ma. However, for the latter case, possible fits to
the lodranite geochronological data do not reach peak
temperatures in the observed range (see Fig. 2).
Compared with the 2-D results, the 3-D models suggest
deeper layers at 19 and 22–23 km for the origin of the
acapulcoites and lodranites, respectively (see Fig. 4b).
This difference in depth fit is related to the surface-to-
volume ratio discussed above. As the general behavior
agrees among the 2-D and 3-D models, it seems likely
that the 2-D results can provide a good estimate for the
size and accretion time of the A-LPB.

Cases with Different Initial Temperature: Tspace =
170 K and 400 K

Varying the initial temperature changes the time
frame in which good fits with both geochronological
and temperature constraints can be obtained. On the
other hand, it has only minor influence on the radius
range in which relevant bodies can be found. In detail,
reducing the initial temperature to 170 K does not
change the radius-formation time range with fitting
models as these models have sufficient short-lived
radiogenic elements to still reach sufficiently high
temperatures to match the constraints. However, for
later-formed objects, the initially lower temperature
leads to results that are not able to match at least part
of the constraints (see five-pointed stars in Fig. 2).

Table 3. Continued. List of numerical models.

Model Radius RP [km] Formation time tform [Ma] Geometry Grid points Tspace [K] Initial porosity?

alp109 65 1.095 2-D 501 9 501 290 Yes
alp110 65 1.2775 2-D 501 9 501 290 Yes
alp111 65 1.46 2-D 501 9 501 290 Yes

alp112 75 1.095 2-D 501 9 501 290 Yes
alp113 75 1.2775 2-D 501 9 501 290 Yes
alp114 75 1.46 2-D 501 9 501 290 Yes

Fig. 2. Results of models varying formation time tform and
planetesimal radius RP. Red: Peak temperature for possible
geochronological data match above thermal constraints,
occurrence of solid-state deformation and/or no fit with all
geochemical data possible. Blue: Peak temperature for possible
geochemical data match below Fe-FeS eutectic melting and/or
no fit with all geochemical data possible. Yellow: Match with all
geochronological data; however, insufficient peak temperature
for lodranites. Orange: Match with geochronological data
possible; however, solid-state deformation observed. Green:
Match with both geochronological data and thermal
constraints, no solid-state deformation observed. Circles
represent 2-D results for the reference case with Tspace = 290 K,
while five-pointed stars and downward-pointing triangles stand
for models with Tspace = 170 and 400 K, respectively.
Diamonds depict 2-D models considering an initial porosity and
squares stand for 3-D results. 2-D data points for models with
smaller and higher Tspace are shifted on the y-axis for clarity
reasons, while for the same purpose, 2-D models considering an
initial porosity and 3-D data points are slightly shifted on the x-
axis. The cyan box indicates the radius and formation time
range suggested by Touboul et al. (2009) based on pure solid-
state conduction models. (see online version for color figure.)
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Matches with acapulcoites can be made at depths of
14–18 km, while best fits with the constraints for
lodranites are obtained for depths of 20–25 km, thus
shifting the depths to larger values compared with the
2-D reference case applying a higher initial temperature.

On the other hand, an increase in the initial
temperature to 400 K extends the time frame in which
fitting models can be found to later formation times up
to 1.46 Ma after CAI formation. Due to the longer
presence of a hot, low viscosity interior downwellings
can form inside larger planetesimals, which form
around 1.27 Ma after CAI, narrowing the radius range
of fits. For a formation time of 1.46 Ma after CAI

formation conditions are comparable to those in the
reference model as fits can be obtained for radii ranging
from 35 to 65 km (see downward-pointing triangles in
Fig. 2). Thermal evolutions fitting the constraints for
acapulcoites and lodranites can be found at depths of
12–17 km and 19–21 km, respectively.

Cases with Initial Porosity
In models with initial porosity, the sintering

temperature is quickly reached at larger depths inside
the planetesimals; thus the thermal conductivity
increases quickly, theoretically allowing for more
efficient heat transport from the deeper interior.

Fig. 3. Examples of 3-D thermal structure of planetesimal with RP = 45 km and tform = 0.73 Ma after CAI at (a) 0.98 Ma and
(b) 1.17 Ma after model start. The bluish contour marks the surface of the planetesimal, while the colored contours show the
1400 K (yellow), 1500 K (orange), 1600 K (red), and 1630 K (purple) isotherms, respectively. Due to the onset of short-lived
Rayleigh-Taylor instabilities, the thermal structure in (b) deviates with time significantly from the initial classical onion shell
structure as seen in (a). See also Video S1. (see online version for color figure.)

Fig. 4. Best-fit thermal evolution for planetesimal with RP = 45 km and tform = 1.2775 Ma based on (a) 2-D model alp19 and (b)
3-D model alp59 (see also Table 3). Geochronological data are based on Touboul et al. (2009) and references therein.
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However, these models also tend to retain a porous
several kilometer thick surface layer and thus low
thermal conductivity as these layers never become warm
enough for efficient sintering processes to occur. Due to
the presence of this low conductivity layer hindering the
heat transport, higher temperatures can be reached at
the same depth compared with models neglecting
porosity effects (see Fig. 5). Compared with the models
without initial porosity, the temperature evolutions
matching all constraints are generally found at more
shallow depths around 9–12 km for acapulcoites and
for 14–17 km for lodranites, respectively. Within the
frame of tested formation times, porosity does not allow
for later formation times of the A-LPB compared with
models without porosity. As described by Henke et al.
(2012), porosity is most effective on small bodies, for
example, the isolating properties of the porous layers
allow also smaller bodies with RP = 25 km and
tform = 1.2775 Ma to experience in very limited depth
regions temperature evolutions in agreement with all
constraints (see Figs. 2 and 5).

DISCUSSION

Our models suggest that the acapulcoite-lodranite
parent body had an initial radius in the range between
25 and 65 km. Within this range, geochronological,
thermal, and textural constraints for both meteorite
groups can be fitted with both 2-D and 3-D numerical
models. This range in radius is in good agreement with
the values suggested for the initial radius of
planetesimals formed via gravitational instability

discussed above and overlaps with the radii suggested
previously (35–100 km, Touboul et al. 2009). However,
our models indicate that an earlier formation of the
A-LPB than suggested previously (1.5–2 Ma after CAI
formation)—based on analytical solid-state conduction
models—is possible (see Fig. 2). While no effect of
initial porosity on viable formation times could be
found, its insulating effect allows for smaller parent
bodies and shallower formation depth of both
acapulcoites and lodranites.

The occurrence of solid-state deformation inside the
larger planetesimals studied here can be explained using
a simplified model. For time scales shorter than the
characteristic diffusion time, the mechanism inducing
solid-state deformation can be treated as a Rayleigh-
Taylor instability (Conrad and Molnar 1997). The time
needed to develop a Rayleigh-Taylor instability tinstab
depends both on the viscosity and on the thickness of
the unstable layer. On the basis of both 2-D and 3-D
results, we obtain the transient thickness of the part of
the thermal boundary layer whose viscosity ranges
between 1017 <g < 1024 Pa s, which will be called dBL

0.
This gives an upper limit for the thickness of the more
deformable part of the thermal boundary layer. Thus, on
the basis of numerical results, we obtain for the stages of
cooling relevant for acapulcoites and lodranites a
typical thickness dBL

0 on the order of 10 km. Using
the simplification of assuming a constant viscosity for
the entire layer, we can obtain an estimation of the
minimum instability time tinstab, which is defined here as
the time in which the amplitude of the instability
increases by a factor of 100. The instability time is
compared with the time scale during which the interior
of the corresponding planetesimal cools sufficiently to
prevent solid-state deformation at the depths relevant
for the formation of lodranites. Here, we estimate this
by obtaining the time when the lodranite formation
region cools sufficiently to reach a viscosity of 1024 Pa s,
preventing any significant solid-state deformation.
Figure 6 shows analytical growth rates for Rayleigh-
Taylor instabilities for the simplified case of plane
geometry (Conrad and Molnar 1997) for different
viscosities gtop for the overlying, denser layer assuming
the continuous presence of a low viscosity layer of
1017 Pa s below.

On small bodies, only instabilities with very small
viscosities can grow on a shorter time scale than the
characteristic diffusion time given by tchar = dBL

02qcP/k,
(for values see Table 2) on which the density variations
caused by temperature differences, will be smoothed
out. However, due to the small viscosity contrast,
necking can occur and the resulting downwellings are
unstable and short-lived (see also Video S1). On small
bodies, the cooling is too fast to allow for any

Fig. 5. Comparison of peak temperatures reached inside
planetesimals with RP = 25 and RP = 45 km and
tform = 1.2775 Ma after CAI without taking porosity into
account (solid lines in black and red) and with initial porosity
(dash-dotted lines in gray and orange). (see online version for
color figure.)
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significant growth of Rayleigh-Taylor instabilities with
larger viscosity contrasts (see Fig. 6). On the other
hand, Rayleigh-Taylor instability times are smaller on
larger bodies due to their larger gravity acceleration and
the cooling of the interior of these bodies takes longer
(see Fig. 6). During the more extended cooling time, a
thicker thermal boundary layer (Sotin and Labrosse
1999) can form, allowing for the growth of instabilities
with larger viscosity contrasts on time scales shorter
than the characteristic diffusion time scale (see Fig. 6
and Video S2). Due to their higher viscosity, these
downwellings are less prone to necking and thus longer
lived and can induce textural changes in larger bodies
(see Fig. 2) as observed in certain meteorites (Tkalcec
et al. 2013).

One has to keep in mind that in reality, the
viscosity structure of the planetesimals will be evolving
over time. Thus, large early-formed planetesimals
experiencing a stronger radiogenic heating will contain a
low-viscosity interior for a longer time, while small
bodies formed late might never be able to form an
internal low-viscosity layer, resulting in negligible
growth rates for Rayleigh-Taylor instabilities. Thus,
small bodies can avoid altogether any solid-state

deformation during their early evolution. Thus, the
theoretical calculations presented here should only be
regarded as a first-order approximation of observed
processes.

Both 2-D and 3-D results indicate that the surface
layers of the A-LPB are cool enough to avoid Fe-FeS
eutectic melting, thus possibly retaining their original
chondritic composition. In contrast, their deep interiors
experienced temperatures significantly above the
peridotite solidus, thus even for large dihedral angles as
observed in static experiments for both the olivine-
Fe-FeS system (Ballhaus and Ellis 1996; Minarik et al.
1996) and the peridotite-Fe-FeS system (Bagdassarov
et al. 2009), efficient iron-silicate separation could occur
in their deep interiors via the rainfall mechanism
(Stevenson 1990; Rubie et al. 2003, 2007; H€oink et al.
2006). These observations are in agreement with
previous work suggesting chondritic surface layers
overlying differentiated interiors (Elkins-Tanton et al.
2011; Weiss and Elkins-Tanton 2013).

Finally, it should be mentioned that our results also
indicate that pure solid-state conduction models can
only be applied safely for late-formed planetesimals,
requiring more sophisticated numerical models to study
the evolution of early-formed planetary objects such as
Vesta (Hans et al. 2013), the angrite parent body
(Kleine et al. 2012), or iron meteorites (e.g., Markowski
et al. 2006). In this respect, this model cannot be
considered to be generic. In those bodies, more
extensive heating results in massive differentiation that
is not considered in the model presented here.

Model Limitations

In the present study, we assume spherically shaped
planetesimals, while it has been suggested that
planetesimals with radii considered here experience
several hundred collisions during their early evolution
(Davison et al. 2013). This can result in an irregular
shape of the final body and due to the larger surface
area of such an irregular body in a faster cooling of its
interior. While the current models suggest only small
effects related to porosity, its typical initial value is
uncertain and a larger range of possible initial porosities
should be tested in the future.

Due to the weak gravity and the small internal
pressures in the discussed planetary bodies, one expects
small Darcy velocities for melt migration; however, the
possible intrusion of melt into overlying layers could
influence the thermal evolution and thus should be
tested in the future with numerical models considering
two-phase flow equations. Related to that, 26Al
partitioning into the melt can result in a faster cooling
of the interior (Sahijpal et al. 2007) and this effect was

Fig. 6. Instability time scales of dominant wavelength of
Rayleigh-Taylor instabilities for respective viscosity gtop of
overlying, dense lid material (colored lines) for different
thicknesses of this unstable layer (dash-dotted lines for
dBL

0 = 6 km and solid lines for dBL
0 = 10 km) compared with

the growth time of the thermal boundary to the depth relevant
to the formation of lodranites based on 2-D (grayish) and 3-D
results (orange). Six-pointed stars stand for models with
tform = 0.73 Ma, while diamond symbols represent models
with tform = 1.2775 Ma after CAI formation. For details on
the models represented by the different symbols, see also
Table 3. Only instabilities growing faster than the
characteristic diffusion time (here for dBL

0 = 10 km) can grow
(solid olive line), while the slower growing ones are smoothed
out. (see online version for color figure.)
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not considered here. If one considers that the degree of
partial melting reached a maximum of 20% while the
partition coefficient of Al is 0.2, this implies that 55%
of Al would be retained in the residue during melting,
assuming 100% extraction of the partial melt. In typical
successful models, silicate melting would only occur
between 2.5 and 5 Ma after accretion with the peak
being reached around 4 Ma (see Fig. 4). As this is late
compared with the short half-life time of 26Al, the
residual heat produced by 26Al partitioned at the peak
of melting into the crust would represent a maximum of
0.9% of the initial heat production. Thus, although this
effect would ultimately need to be taken into account, it
probably would not drastically change the outcome of
our models.

One should also mention that we ignored the
presence of iron in the planetary body. The effect of
potential energy release due to iron-silicate separation is
very small on the small bodies considered here
(Schubert et al. 1986), e.g., assuming a chondritic body
with 10 vol% iron and 65 km radius, the mean
temperature increase due to core formation would be
<1 K. However, the effect of latent heat buffering when
chondritic material reaches the Fe-FeS eutectic melting
might reduce peak internal temperatures. Thus, this
effect should also be investigated in the future using a
two-phase flow model as mentioned before. Clearly,
these aspects require further work to test their effect on
the results presented here.

CONCLUSIONS

The results suggest that 2-D and 3-D numerical
models, although computationally more expensive than
1-D models, can help obtain a more realistic
thermomechanical evolution of planetesimal interiors.
As these models are able to capture solid-state
deformation processes, this allows us to apply
additional textural constraints on the formation time
and original radius of the acapulcoite-lodranite parent
body, which helps to narrow down the possible initial
radius considerably. Our results indicate that the
lodranites and acapulcoites were probably formed at a
depth of approximately 10–25 km within a body with a
radius of 25–65 km and the corresponding temperature
evolution is consistent with the observational evidence
we have for these meteorites. This approach can also be
applied to other meteorite parent bodies to improve our
understanding of their early evolution.
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SUPPORTING INFORMATION

Additional supporting information may be found in
the online version of this article:

Video S1: Evolution of the 3-D thermal structure
inside a planetesimal with RP = 45 km and tform =
0.73 Ma after CAI (see also Fig. 3). The bluish contour
marks the surface of the planetesimal, while the colored

contours show the 1400 K (yellow), 1500 K (orange),
1600 K (red), and 1630 K (purple) isotherms, respectively.

Video S2: Evolution of the 2-D thermal structure
inside a planetesimal with RP = 85 km and
tform = 1.2775 Ma after CAI. The white line marks the
surface of the planetesimal, while the yellow line
corresponds to 19 km depth, a possible formation
region of lodranites suggested by 2-D results.
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