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a b s t r a c t
Collision between continents can lead to the subduction of continental material. If the crust remains coupled
to the downgoing slab, a large buoyancy force is generated. This force slows down convergence and promotes
slab detachment. If the crust resists to subduction, it may decouple from the downgoing slab and be subjected
to buoyant extrusion.
We employ two-dimensional thermo-mechanical modelling to study the importance of crustal rheology on
the evolution of subduction–collision systems. We propose simple quantiﬁcations of the mechanical
decoupling between lithospheric levels (σ⁎) and the potential for buoyant extrusion of the crust (ξ⁎). The
modelling results indicate that a variable crustal rheological structure results in slab detachment, delamination, or the combination of both mechanisms.
A strong crust provides coupling at the Moho (low σ⁎) and remains coherent during subduction (low ξ). It
promotes deep subduction of the crust (180 km) and slab detachment. Exhumation occurs in coherent manners
via eduction and thrusting. Slab detachment triggers the development of topography (>4.5 km) close to the
suture. A contrasting style of collision occurs using a weak crustal rheology. Mechanical decoupling at the
Moho (high σ⁎) promotes the extrusion of the crust (high ξ), disabling slab detachment. Ongoing shortening
leads to buckling of the crust and development of topography on the lower plate. Collisions involving rheologically
layered crust allow decoupling at mid-crustal depths. This structure favours both the extrusion of upper crust and
the subduction of the lower crust. Such collisions are successively affected by delamination and slab detachment.
Topography develops together with the buoyant extrusion of crust onto the foreland and is further ampliﬁed by
slab detachment.
Our results suggest that the occurrence of both delamination (Apennines) and slab detachment (Himalayas)
in orogens may indicate differences in the initial crustal structure of subducting continental plates in these
regions.
© 2013 Elsevier B.V. All rights reserved.

1. Introduction
The slab detachment (or slab breakoff) model has been widely
employed in the interpretation of both geological and geophysical
observation. This model involves the detachment of a portion or the
integrity of a subducting slab beneath a convergent margin. The concept of slab detachment was born from seismological studies and
was ﬁrst hypothesised in the late sixties (Isacks and Molnar, 1969) in
order to explain seismicity patterns in subduction zones. The study of
deep seismicity patterns has indicated the existence of seismogenic
zones that were associated to gaps within slabs (Chatelain et al., 1993;
Chen and Brudzinski, 2001; Kundu and Gahalaut, 2011; Sperner et al.,
2001). The slab detachment model has further gained popularity with
the development of seismic tomography (Levin et al., 2002; Rogers
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et al., 2002; Schmandt and Humphreys, 2011; van der Meer et al.,
2010; Widiyantoro and van der Hilst, 1996; Wortel and Spakman,
1992; Zor, 2008). Moreover, regional scale seismic tomography has
enabled the detection of positive seismic velocity anomalies beneath
collision zones, these structures were consequently attributed to detached or detaching slab (Lippitsch et al., 2003; Martin and Wenzel,
2006; Replumaz et al., 2010; Wortel and Spakman, 2000).
Slab detachment is likely to take place once large tensional stresses
develop within the down-going slab. Slowdown of the subduction rate
is a plausible mechanism that accounts for tensional stress build up
as long as the slab pull force is constant (Li and Liao, 2002), such situation may take place following the subduction of an attempted ridge
(Andrews and Billen, 2009; Burkett and Billen, 2011) or during the subduction of continental material (Baumann et al., 2009; Duretz et al.,
2011; van Hunen and Allen, 2011). The slab detachment model is likely
to be a fast geological process (Duretz et al., 2012b) leading to (1) a
partial or complete loss of the slab pull force and (2) the inﬂow of hot
asthenosphere at the location of the detachment. The loss of slab pull
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leads to force rebalancing in the orogen which can potentially triggers a
wide range of dynamical effects. The slab detachment model was consequently used for the explanation of high pressure and ultra-high
pressure rock exhumation (Andersen et al., 1991; Babist et al., 2006;
Xu et al., 2010), variations in surface uplift rates (Morley and Back,
2008; Rogers et al., 2002; Wilmsen et al., 2009) and in the sedimentary
record (Mugnier and Huyghe, 2006; Sinclair, 1997), orogenic extension
(Zeck, 1996), rapid changes in plate motions (Austermann et al., 2011),
or reversal of the subduction dip (Regard et al., 2008). The inﬂow of
asthenosphere within a detaching slab is usually considered as an efﬁcient mechanism to advect heat at lithospheric to sub crustal level
(van de Zedde and Wortel, 2001) potentially leading to partial melting
in the mantle (Altunkaynak and Can Genç, 2004; Davies and von
Blanckenburg, 1995; Ferrari, 2004) in association to plutonism and
volcanism (Ferrari, 2004; Keskin, 2003; Qin et al., 2008).
A number of analytical, analogue and numerical modelling studies
have focussed on slab detachment (Andrews and Billen, 2009; Baumann
et al., 2009; Buiter et al., 2002; Burkett and Billen, 2011; Cloetingh et al.,
2004; Davies and von Blanckenburg, 1995; Duretz et al., 2011; Gerya
et al., 2004; Li and Liao, 2002; Macera et al., 2008; Regard et al., 2008;
Schmalholz, 2011; Ton and Wortel, 1997; Toussaint et al., 2004; van
de Zedde and Wortel, 2001; van Hunen and Allen, 2011). These studies
were designed to evaluate the depth slab detachment (Baumann et al.,
2009; Duretz et al., 2011; Gerya et al., 2004; van de Zedde and Wortel,
2001), its duration (Andrews and Billen, 2009; Baumann et al., 2009;
Duretz et al., 2012b; Gerya et al., 2004), and its topographic expression
(Buiter et al., 2002; Duretz et al., 2011; Gerya et al., 2004), as well
as the dynamic consequences of slab pull loss (Duretz et al., 2012a).
Recently, three dimensional aspects of slab detachment have been
addressed in numerical experiments. These simulations (Burkett and
Billen, 2011; van Hunen and Allen, 2011) have highlighted the role
of slab rheology and margin obliquity on the style of detachment
(tear versus boudinage). The studies of Andrews and Billen (2009) and
Schmalholz (2011) have further stressed the importance of a nonNewtonian rheology for slabs to undergo lithospheric-scale boudinage,
ultimately leading to detachment.
Slab detachment in a collisional context is likely to take place within
the subducting continental margin (Baumann et al., 2009; Gerya et al.,
2004; van Hunen and Allen, 2011). It can thus be expected that crustal
rheology, which controls the mechanical coupling at the Moho (Le
Pourhiet et al., 2006; Nakada, 1994; Toussaint et al., 2004), plays an
important role in the occurrence of slab detachment. Moreover, one
may expect that changing the rheological structure of the crust may
control the occurrence of other orogenic processes such as lithospheric
delamination (Bird, 1979). Despite that fact, the role of crustal rheology
on the occurrence of slab detachment has not yet been investigated.
We therefore use two-dimensional thermo-mechanical modelling to
study the inﬂuence of continental crust rheology on the occurrence
of slab detachment, collision dynamics and topographic evolution of
subduction/collision zones.
2. Modelling approach
2.1. Methodology
In order to simulate the dynamics of upper mantle scale processes coupled to topographic development, we employ the thermomechanical code I2VIS (Gerya, 2010; Gerya and Yuen, 2003a). This numerical code solves for the two-dimensional steady state momentum
equations and heat conservation equation using the ﬁnite-difference/
marker-in-cell method on a Eulerian grid (Gerya, 2010; Gerya and
Yuen, 2003a):
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where xj represents the coordinates, ρ, the material density (kg/m 3), k,
the thermal conductivity (W/m/K), Cp, the isobaric heat capacity (J/kg)
and H (J/m 3/s), the contribution of internal heat sources (radiogenic,
shear, and adiabatic heating).
The mechanical model employs a velocity formulation and the
deviatoric stress tensor σij relates to the material viscosity ηeff and
the rate of deformation tensor _ ij via:
σ ij ¼ 2ηeff _ ij ¼ ηeff

∂vi ∂vj
þ
∂xj ∂xi

!
ð4Þ

All the lithologies deform according to a visco-plastic rheological
model. This model combines the contribution of Newtonian and nonNewtoninan ﬂow rules that control the effective viscosity of each material phase. A more detailed description of this rheological model is
given in Section 1.
The model's surface h (air/crust interface) evolves following
a gross-scale erosion–sedimentation law (Gerya, 2010; Gerya and
Yuen, 2003b):
∂h
∂h
¼ vy −vx −e_ þ s_
∂t
∂x

ð5Þ

where vy and vx are the uplift and advection velocity (m/s) predicted
by the tectonic model, e_ and s_ represent prescribed erosion and sedimentation rates ( e_ = 0.1 mm/yr if h > 1 km and s_ = 0.1 mm/yr if
h b − 1 km).
The Lagrangian advection equation is solved by an explicit coordinate update of the markers that carry the material properties through
the Eulerian grid.
The density and heat capacity of each lithology are pressure P (Pa)
and temperature T (K) dependent and are updated at each timestep.
We assume a pyrolitic mantle composition and a basaltic–gabbroic
oceanic crust. Their properties are pre-computed using Gibbs free
energy minimisation with the chemical model CaO–FeO–MgO–Al2O3–
SiO2 (Baumann et al., 2009; Gerya et al., 2004). The density of felsic
materials are obtained from the equation of state:




−8
−3
;
ρ ¼ ρ0 1−α ðT−298:15Þ 1 þ β P  10 −10

ð6Þ

where ρ0 corresponds to the reference density (2700 kg/m 3 for the
upper crust and 2800 kg/m 3 for the lower crust), β to the isothermal
compressibility (0.5 × 10 −3 kbar −1) and α to the thermal expansivity
(1.5 × 10 −5 K −1). The thermal conductivity k is a function of the temperature (Clauser and Huenges, 1995), the functions used to evaluate
k are listed in Table 1. The presented simulations do not take into
account the effects of partial melting and hydration/dehydration
processes.
2.2. Setup
The model domain consists initially of two continental plates separated by an oceanic basin (Fig. 1). The dimensions of the model box
is 4000 × 1400 km 2 (1361 × 351 nodes), all the mechanical boundaries are free slip. Variable grid spacing enables to reach a 1 km grid
resolution in the central part of the domain where the continental
collision takes place. In order to study the interplay between subduction and orogenic evolution, we follow the semi dynamic approach
employed in Baumann et al. (2009) and Duretz et al. (2011). The
initial conditions of the model are built during a stage of kinematic
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ductile deformation mechanisms. The brittle part of the lithosphere
is controlled by Mohr–Coulomb (or Drucker–Prager) plasticity which
expresses the linear dependence of the geomaterials resistance on the
total pressure. Mohr–Coulomb plasticity acts as a stress limiter in the
regions where the second stress invariant (σII) exceeds the material
yield stress. The yield stress depends on the pressure, the standard
strength C (MPa), and the internal friction angle ϕ. The stress is limited
via local effective viscosity (ηeff) reduction such that

Table 1
List of thermal and plastic (Mohr–Coulomb) parameters fused in the simulations, Hr is
the radiogenic heat production, Cp is the speciﬁc heat capacity, ϕ is the internal friction
angle, and C is the cohesion.
Material

k (W/m/K)

Sediments
Upper cont. crust
Lower cont. crust
Upper oceanic crust
Lower oceanic crust
Mantle
Weak zone

0:64 þ
0:64 þ
1:18 þ
0:64 þ
1:18 þ
0:73 þ
0:73 þ

807
Tþ77
807
Tþ77
474
Tþ77
807
Tþ77
474
Tþ77
1293
Tþ77
1293
Tþ77

Hr (W/m3)
−6

1.5 × 10
1.00 × 10−6
0.25 × 10−6
0.25 × 10−6
0.25 × 10−6
2.20 × 10−8
2.20 × 10−8

Cp (J/kg)

sin(ϕ)

C (MPa)

1000
1000
1000
1000
1000
1000
1000

0.15
0.15
0.15
0.00
0.60
0.60
0.00

1
1
1
1
1
1
1

ηeff ≤

C þ PsinðϕÞ
pﬃﬃﬃﬃﬃ
2 _ II

Our rheological model takes into account a second semi-brittle
deformation mechanism characterised by the exponential ﬂow of
olivine (or Peierls mechanism). This ﬂow mechanism has been put
in evidence in a number experimental studies (Evans and Goetze,
1979; Katayama and Karato, 2008; Mei et al., 2011; Raterron et al.,
2004). Katayama and Karato (2008) have shown that Peierls creep
is likely to be activated in the thermo-mechanical conditions of subduction. Moreover, recent studies have shown that the existence of
plate tectonics requires sufﬁciently lithospheric yield stress that are
lower than Mohr–Coulomb stresses (vam Heck and Tackley, 2008).
Such conditions necessitate the use of stress limiters such as Peierls
creep which promotes the localisation of deformation in the lithospheric mantle (Kameyama et al., 1999; Lu et al., 2011). In a collisional
context, this Peierls creep was shown to have a strong inﬂuence on slab
detachment's depth and timing (Duretz et al., 2011). The effective viscosity corresponding to the Peierls creep regime is characterised by an
exponential dependance on the second stress invariant and is formulated as:

convergence. During this period, the oceanic subduction is kinematically prescribed using internal kinematic constrains (1.25 cm/yr until
500 km of convergence is accommodated). With ongoing convergence, the two converging plates decouple from the lateral sides of
the box, these zones accommodate hot mantle upwellings and are
therefore the location where oceanic ridges spontaneously develop
(Fig. 1). At the end of this period of forced convergence, the obtained
thermo-mechanical state is employed as the initial condition for continental collision. After this model initialisation step, the internal kinematic constrain is removed and the model is driven by internal forces.
The collision rates, which are not in steady state, are controlled by the
contribution of slab pull, crustal buoyancy, ridge pushes (from both
sides), and dissipative forces. In our models, the dominant forces are
represented by both the slab pull and the crustal buoyancy (Duretz
et al., 2012a). We employ an additional 20 km thick layer of sticky
air (ηair = 10 18 Pa.s, ρair = 1 kg/m 3) in order to mimic the effect of a
free surface and enable the development of topography (Crameri et
al., 2012; Schmeling et al., 2008). The initial slab temperature ﬁeld is
deﬁned using the half-space cooling model (Turcotte and Schubert,
1982) using a slab age of 40 Ma and a diffusivity of 10 −6 m 2.s −1.
The initial continental geotherm is deﬁned as a linear temperature
variation from the model surface (T = 293 K) to the lithosphere–
asthenosphere boundary (T = 1617.6 K), the left and right sides of
the model domain are insulating boundaries.

1

"

ηPeierls ¼

2APeierlsσ II exp ð

Ea −PV a
RT


Þ 1−

σ II

k !q #

ð8Þ

σ Peierls

Ea corresponds to the activation energy (J/mol), Va is the activation
volume (J/bar/mol) and R is the gas constant (8.314472 J/mol/K). We
employ the dry olivine parameters A Peierls =107.8 ×10−12 Pa−2 s−1
and σPeierls =9.1 GPa (Evans and Goetze, 1979). The activation of Peierls
creep is allowed for temperatures lower than 1373 K.
Diffusion–dislocation creep of rocks is temperature, pressure and
stress-dependent. Both mechanisms are taken into account by deﬁning
an effective viscous rheology. Such composite rheology is implemented

3. Strength of the lithospheric model
3.1. Rheological model
We consider that the strength of the lithosphere is controlled, at
the timescale of orogeny, by the combination of both brittle and
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Fig. 1. Initial phase distribution in the model domain (cropped area) and evolved simulation (after 38 Myr of convergence). The slab temperature is computed according to a
half-space cooling model given an age of 40 Myr. The continental geotherms are both initially linear. A symmetric total convergence rate of 1.25 cm/yr is imposed at the location
of the arrows until 500 km of convergence has been reached. The shaded areas and dashed lines represent breaks in the model's scale.
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as the sum of the diffusion ( _ diff ) and dislocation ( _ dis ) creep strain
rates:
_ ¼ _ diff þ _ dis

3.2. Lithospheric rheological models
The ﬁrst order contribution of rheological model to the lithospheric
strength can be probed by the use of rheological proﬁles or “Christmas
trees” (Afonso and Ranalli, 2004; Burov and Watts, 2006; Jackson,
2002; Ranalli, 1995). Although this representation usually assume
a constant average strain rate ( _ av ) through the entire lithospheric
column (upper/lower crust (UC/LC), mantle lithosphere (ML)), they
can be used as ﬁrst order indicators of the lithospheric strength (F) for
modelling purposes (Gerbault and Willingshofer, 2004; Mareschal,
1994; Schmalholz et al., 2009; Thompson et al., 2001; Toussaint et al.,
2004). We deﬁne three main end-members that are characterised
by the rheology of the continental crust (Fig. 2). The stress proﬁles a
generated for a crustal thickness of 35 km, a Moho temperature of
450 C and a lithostatic pressure gradient. This set of parameters reﬂects
the pre-collisional state of stress in our simulations, which will evolve
during convergence and collision according to stress, temperature and
pressure. Each lithospheric end-member contains a strong upper mantle rheology that can account for the coherent development of subduction and the long-term support of topography (Burov, 2011; Burov and
Watts, 2006). The rheological parameters that are employed to calculate the different rheological proﬁles are listed in Tables 1 and 2. We
deﬁne weak and a strong rheological proﬁles that correspond to crustal
rheologies that are either dominated by quartz or felspar (Ranalli,

ð9Þ

Both mechanisms are active at each lithospheric level as long as
the current state of stress (σII) does not exceed either Mohr–Coulomb
or Peierls stress limiters. At stresses larger than 30 kPa, most of the
ﬂow occurs in the dislocation creep regime (Turcotte and Schubert,
1982) and depends non-linearly on the second invariant of the strain
rate tensor (_II ). The effective viscosity corresponding to a diffusion–
dislocation creep regime is calculated as following:
1

ηcreep ¼ η0 n _ II

1−n
2n



E þ PV a
exp a
nRT

ð10Þ

where n is the stress exponent (with n = 1 for diffusion creep) and η0
is the reference viscosity (Pa n.s). In practical, the effective viscosity
corresponding to each ﬂow rule (Mohr–Coulomb, Peierls, diffusion–
dislocation) is calculated for each lithology. The mechanism that produces the lowest stress is deﬁned as the active deformation mechanism. For practical reasons, the effective viscosity is limited such as
10 18 b η b 10 25 Pa.s.

B)

Wet Qz crust
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Fig. 2. Example of rheological proﬁles for the different strength end-members for 3 different average strain rates. A) Weak crust: quartzite rheology. B) Layered quartzite/feldspar
crust. C) Felsic granulite crust. D) Corresponding pressure and temperature proﬁles. E) Integrated strength versus average strain rate diagram for the three different lithosphere
models.
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Table 2
Ductile creep parameters corresponding to the different rheologies employed in the
simulations, η0 is the reference viscosity, n is the stress exponent, Ea is the activation
energy, and Va is the activation volume.
Flow law
Wet quartzite
Plagioclase (An75)
Felsic granulite
Dry olivine
Wet olivine

η0 (Pan s)
17

1.97 × 10
4.80 × 1022
4.97 × 1020
3.98 × 1016
5.01 × 1020

n

Ea (J/mol)

Va (J/bar/mol)

5

2.3
3.2
3.1
3.5
4.0

1.54 × 10
2.38 × 105
2.43 × 105
5.32 × 105
4.70 × 105

0.8
1.2
1.2
0.8
0.8

2000). The single layered quartzite crust (Wet quartzite of Ranalli
(1995)) represents our weakest crust end member (Fig. 2A). It is
characterised by a single brittle–ductile transition that is located between 17 and 20 km depth for an average strain rate varying between
10−13 and 10−17 s−1. Our layered lithospheric model is composed
of a two-layer crust (Fig. 2B) in which the upper 20 km is composed
of quartzite rheology and the lower part (15 km thick) of plagioclase
(An75 of Ranalli (1995)). Two brittle–ductile transitions occur within
the crust and are initially located at around 20 and 25 km, respectively.
This crustal model corresponds to the one used in our previous study
(Duretz et al., 2011). Our strongest crust model (Fig. 2C) consists of a
single layer of granulitic rheology (felsic granulite of Ranalli (1995)).
Within this crust, the brittle–ductile transition takes places at depth
ranging from 20 to 30 km for corresponding strain rates of 10 −13 and
10−17 s −1. The Peierls mechanism is active in each of the presented
lithospheric model. It takes over Mohr–Coulomb plasticity in the lithospheric mantle. The integrated strength of each lithospheric model for
variable average strain rate is depicted in Fig. 2E. The quartzite crust
exhibits a strength ranging from 2 × 1013 to 5 × 10 13 N/m whereas
the granulite crust is generally 1.25 times stronger. Although we do
not notice a signiﬁcant difference of integrated strength between the
quartzite/plagioclase and the granulite crust, we expect that rheological
layering will play an important role on the evolution of our subduction–
collision models.

lithospheric levels are characterised by their degree of mechanical
decoupling. We here term mechanical decoupling the competence
contrast that can develop between the different layers of the lithosphere (UC, LC, ML). We introduce an analysis parameter, σ ∗ , which
expresses the effective stress ratio that can exist at the interface between two lithospheric layers. Initially, the Moho of the wet quartzite
crust model is characterised by a much larger σ ∗ than the granulite
crust model (Fig. 2A, C). The layered crust model contains two levels
of moderate σ∗ that are located at the upper/lower crust interface
and the Moho (Fig. 2B). The granulite crust model is characterised
by a moderate decoupling at the Moho. Although these quantities
evolve during thermo-mechanical simulations, these horizons are likely tocontrol the localisation of deformation. We thus expect that rheological layering will strongly condition the overall evolution of our
subduction–collision systems.
3.4. Potential for buoyant extrusion and crust exhumation
In order to predict wether a given crustal layer will extrude itself
from the subduction zone in a buoyant ﬂow manner, we propose a
simple analysis. This process takes place as soon as a given crustal
level reaches a strong buoyant stress for a relatively low ﬂow stress.
It is therefore very much controlled by the crustal rheology and the
burial depth. Incidentally, this mechanism is intrinsically linked to
subduction/collision dynamics since buoyant ﬂow promotes crustal
y
,
decoupling and, thus, delamination. We deﬁne ξ such as ξ ¼ ΔρσðyI Þg
I
where Δρ(y) is the mean crust/mantle density contrast. Large values
of ξ implies that the buoyant stress (numerator) exceeds the actual
stress, potentially leading to delamination. Fig. 3A shows the magnitude of ξ as a function of depth for Δρ = 500 kg/m 3. A wet quartzite
rheology produces lower stresses than a felspar or a granulitic rheology at comparable P, T, _ II conditions. The corresponding ξ value can
therefore reach large values (>50) and buoyant extrusion may take
place.
4. Subduction–collision experiments

3.3. Mechanical decoupling between lithospheric levels
In this section, we describe the results of two dimensional
subduction–collision numerical experiments. The experiments employ the three lithospheric models described in the above section. We

Wet Qz

y (km)

As described in the above section, our simulations employ three
different crustal rheological models. The interface between the various

45.72 Ma

Felsic granulite
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Wet Qz / An 75
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granult
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Fig. 3. Delamination potential of the crustal levels during continental subduction. The number ξ represents the ratio between the buoyancy stress induced by the crust/mantle density difference and the second stress invariant. A) The plot depicts the magnitude of ξ for variable depth and stress. The white contours indicate values ξ = 1, and ξ= 10. B) The
ﬁgure panels show the magnitude of ξ for each crustal rheological model during continental subduction. The white contours represents lithological boundaries (sediments,
upper crust, lower crust, mantle lithosphere, asthenosphere). The magnitude of ξ within the sediments is not shown.
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focus speciﬁcally on the impact of crustal rheology on the occurrence of
slab detachment, the geometry of the collision zone and the development of topography. The lithological evolution of three collision
end-members are depicted in Figs. 4–6 and their respective tectonic
and topographic evolutions are detailed in the following subsections.
5. Weak crust end-member: Rollback and delamination
5.1. Time evolution
The weak crust rheological model is uniquely composed of wet
quartzite (see Section 2). Fig. 4 depicts the evolution of the composition ﬁeld throughout the simulation. The model ﬁrst undergoes kinematic compression in order to initiate an oceanic subduction zone.
In spite of compression, the continental crust is sufﬁciently weak
and suffers from extension and formation of a supra-subduction
basin. This thinning event results from the viscous drag exerted by
the down-going plate. After 40 Myr, the oceanic basin is closed and
continental crust subduction initiates. At this stage, the simulation is
mainly driven by the slab pull force, which drives the continental
margin down to a maximum depth of 150 km within 3 Myr. While
the crust reaches this depth, it builds up a substantial amount of positive buoyancy (~ 10 13 N/m). A strong competence contrast develops

129

between the olivine lithospheric mantle and the wet quartzite crust.
The stress ratio σ ∗ across the Moho exceeds 50, facilitating the delamination of the mantle lithosphere (Fig. 7A). As the buoyant crust
decouples from the mantle, it thickens leading to the widening of
the subduction channel. Continental collision is driven by the ongoing
delamination and triggers deformation of the lower plate. Crustal
buckling initiates close to the suture and propagates towards the foreland following the delamination front. The wavelength of the crustal
scale folds reaches ~ 50 km. This deformation leads to a signiﬁcant
thickening of the continental crust and the development of 70 km
thick orogenic root overlying the asthenosphere. As the mantle lithosphere fully delaminates from the crust, there is no lasting continental
margin subduction and therefore no slab detachment takes place.
Since no major slab pull perturbation occurs, slab retreat and delamination freely develop and positively feedback each other. This mechanism is likely to continue as long as continental material is provided
into the convergence zone.
5.2. Topographic evolution
The topographic evolution of the simulation is shown on Figs. 8A and
9A. This topographic map shows that each of the geodynamic process
described in the preceding section has it own surface expression. The

y(km)

Wet Qz crustal rheogy

t = 24.78 Ma

y(km)

1.4 cm/a

3.6 cm/a

t = 48.08 Ma

8.5 cm/a

y(km)

t = 43.67 Ma

x(km)
Fig. 4. Temporal evolution of the weak crust end-member. The crust is composed of a single layer of wet quartzite rheology (Ranalli, 1995). The snapshots represents the compositional ﬁeld at three different periods: oceanic subduction, continental subduction and onset of delamination, plate decoupling and slab retreat. The black arrows depict the ﬂow
velocity magnitude and direction.
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Fig. 5. Evolution of the compositional ﬁeld for the layered crust model. The upper crust (20 km thick) is composed of wet quartzite and the lower crust (15 km thick) of plagioclase
(An75) (Ranalli, 1995). The collision system successively undergoes delamination, slab detachment and plate eduction. The ﬂow pattern is represented by the black arrows.

ﬁrst topographic feature, which is also shared with the other models
(Sections 5 and 8), is the subsidence of the overriding margin during
the stage of oceanic basin closure. This subsidence is triggered by
the initiation of subduction and the subsequent development of slab
pull. The subduction deﬂects the plates in the vicinity of the plate
interface, coinciding with the development of the supra-subduction
basin described in the above section. A deep subduction trench
(~10 km) develops with ongoing subduction. Towards the end of oceanic basin closure, the continents exert compression on the accretionary
prism, which leads to its exhumation and the development of the ﬁrst topographic high (1–2 km). Continental subduction initiates ~1 Myr after
the exhumation of the prism. The subduction of continental material
causes the uplift of the overriding plate, the maximum topography is
thus located in the vicinity of the plate suture. After 3 Myr of continental burial, delamination of the lower plate's mantle lithosphere commences. As the slab delaminates and sinks, it transfers compression
to the overlying crust, which thickens and buckles. This crustal deformation leads to high topography areas (> 2 km) coinciding with
the low wavelength (~ 50 km) crustal antiforms. With ongoing slab
retreat, the topography develops towards the foreland and reaches
its peak altitude 4 Myr after the onset of delamination (i.e. 7 Myr
after the onset of collision). An area of high topography is also
produced on the upper plate above the suture. In this location, the
crust is underthrusted by allochtonous crust, resulting in a crustal
thickening.

5.3. Exhumation
In this type of model there is no major HP–UHP exhumation event.
Despite the fact that the subducted continental crust has the tendency
to ﬂow towards the surface, the material becomes accumulated under
the weak, thickened, orogenic root (see Fig. 10A). The exhumation
of crust is driven by buoyant ﬂow. The subducting quartzite crust has
a low ﬂow stress and cannot sustain long term subduction. Fig. 3B
shows that ξ reaches 50 to 100, hence promoting buoyant extrusion.
Nonetheless, the crust remains in a compressive state driven by protraction of the delaminating lithosphere. This compression inhibits
the return of buried material up to the surface. The structures that are
associated to the delamination are the Moho and the subduction plane
which are subjected to large strain rates (Fig. 11A t = 45.88 Myr). On
a longer timescale (~100 Myr), and in the absence of any additional
tectonic event (i.e. slab detachment, Rayleigh–Taylor instabilities),we
would expect the lower crust to be exhumed within the fold syntaxes
driven by erosion.
6. Intermediate crustal rheology: delamination & slab detachment
6.1. Time evolution
The intermediate crustal strength model is composed of a two-layer
crust (Fig. 2A), the temporal evolution of this model is described in
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Fig. 6. Development of the collisional system for a single layered crust of felsic granulite rheology (Ranalli, 1995). The crust remains mostly undeformed during continental
subduction, slab detachment occur triggering plate eduction and exhumation of a coherent crustal slice. The black arrows depict the ﬂow velocity magnitude and direction.

Fig. 5. In contrast to the weak crust end member (Fig. 4), no extension
takes place within the overriding margin during the initial stage of convergence. The stage of continental crust subduction last for ~7 Myr.
When the crust reaches the burial depth of ~50 km, the stress ratio
σ∗ at the upper/lower crust interface exceed σ∗ at the Moho (Fig. 7B).
Deformation thus localises at this interface, the weaker upper crust
loses its coherency and starts delaminating from the lower crust. This
buoyant ﬂow and thickening of the upper crust leads to the widening
of the subduction channel. Consequently,inﬂow of hot mantle initiates
in the deeper parts of the subduction channel and enhances plate
decoupling. In contrast, the lower crust remains coupled to the mantle
through the Moho. It is thus dragged down by the slab to depths of
about 250 km where detachment eventually occurs, localising at the
ancient ocean–continent transition. Following the loss of slab pull, the
orogen undergoes a period of eduction. This mechanism is characterised
by the reactivation of the subduction plane into a normal sense shear
zone. The extensional stage is driven by the buoyancy of the crust,
which remains coupled to the slab within the orogenic root. This mechanism is facilitated by enhanced mechanical coupling at the Moho,
such as provided by this rheological structure. The subducted crustal
material is exhumed towards the surface by means of both eduction
and delamination-assisted ﬂow. The extruded material spreads towards the foreland in a channel ﬂow manner. The lower crust, which
is subjected to heating in the mantle, weakens and ﬁnally decouples

from the slab. The delaminated crust diapirically ascends towards the
lower part of the orogenic root. At this stage, the crustal thickness gradually increases from 35 km in the foreland up to 75 km in the vicinity
of the suture zone, most of the thickening is accommodated by the
lower plate.
6.2. Topographic evolution
Each of the collision-related geodynamic processes described in
the previous section result in strong imprints during topographic
evolution (Figs. 8B, 9B). In contrast to weak crustal model (Section 2),
no extension occurs in the overriding plate during convergence. Despite that fact, the upper continental margin is affected by a period
subsidence which is induced by the development of slab pull beneath
it. Once the two continental plates start colliding, the accretionary
wedge is pinched between the two converging plates and is responsible for the location of the initial topographic high. This timespan (40–
42 Myr) is marked by the initiation of continental subduction. The
underthrusting of continental material under the upper plate's lithosphere leads to a long wavelength topographic bulge (~ 80–100 km).
Positive topography develops on both sides of the plate suture despite
any signiﬁcant amount of crustal thickening. After ~7 Myr of continental subduction, the buried upper crust start delaminating and the subduction channel widens. This decoupling event leads to the buoyant
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extrusion of upper crust over the lower plate and has a strong topographic inﬂuence. The migration of the orogenic front towards the
foreland (lower plate) coincides with slab retreat. This orogenic front
migration takes place at a rate of ~ 2 cm/yr. After 15 Myr of collision,
slab detachment takes place and triggers the sharpest topographic
and surface uplift signals. As the orogen is partially decoupled prior
to detachment, the topographic response of slab detachment mostly
affects the lower plate and is characterised by the uplift of a 150 km
wide region. This surface uplift is rapid and reaches instantaneous rates
of about 10 mm/yr within a period shorter than 1 Myr. After this block
uplift, the orogenic front continues migrating towards the foreland at a
rate of 2–3 mm/yr. This migration is the surface expression of crustal
ﬂow, as the continental material is being extruded from the subduction
channel.
6.3. Exhumation
In this simulation, several mechanisms are responsible for the
exhumation of the buried crust. The ﬁrst mechanism is the buoyant
return ﬂow of the crust within the subduction channel. Here the quartzite crust is weaker than the felspar lower crust and rapidly reaches high

ξ (>50) (Fig. 3B). Decoupling occurs between the upper and lower crust
and large strain rates develop at the interface between upper and lower
crust (Fig. 11B). As a result the upper crust exhumes earlier than the
lower crust and is affected by a shorter P–T history (Fig. 10B). This
mechanism occurs coevally to slab retreat and yields to fast instantaneous exhumation velocities (up to 6 cm/yr). The second geodynamic
event that contributes to exhumation is plate eduction consequently
to slab detachment. As the lower crust remains coherent (ξ b 10) and
coupled to the slab. It thus subducts to greater depths until the slab
detaches. After detachment, the remaining slab is characterised by
continental lithosphere, which is positively buoyant. Eduction takes
place and triggers the partial extraction of the slab from the mantle.
The contribution of slab detachment to the exhumation is depicted
on Fig. 10B. The maximum vertical velocity reaches 10 cm/yr during
a short period of time (b 3 Myr) in the footwall of the former subduction plane. In this model, the combination of eduction together with
buoyant ﬂow is responsible for the exhumation of the subducted
continental crust. The extrusion of continental material leads to the
development of crustal channel ﬂow towards the foreland, which
is visible in the strain rate ﬁeld at mid-crustal depth (Fig. 11B at
t = 56.33,59.07 Myr).
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7. Strong crust end-member: slab detachment and eduction
7.1. Time evolution
The compositional cross sections depicted on Fig. 6 represent the
time evolution of the strong crust model (Fig. 2C). Due to the strong
nature of the crust, stresses exerted by the downgoing slab does not
yield to extension in the overriding margin. After 40 Myr of oceanic
subduction, continental subduction initiates and lasts during ~15 Myr.
Although the crust has a similar buoyancy to that of the previous experiments, its remains coherent at depth, thanks to its strong granulitic
rheology. Since the stress contrast σ ∗ at the Moho is minimised (b 10),
an episode of deep continental subduction is facilitated (Fig. 7C). The
subducted margin reaches a peak burial depth (~200 km) until the
crustal buoyancy balances the slab pull force. At that point, slab detachment takes place and separates the buoyant part of the slab (continental
lithosphere) from the dense subducted oceanic plate. Subsequently to
slab detachment, the buoyant portion of the slab is educted. The eduction stage is characterised by the coherent exhumation of the continental lithosphere (i.e. no decoupling) and the inversion of the subduction
thrust into a normal-sense shear zone. After ~3 Myr of plate eduction,
the crust starts deforming and decouples from the mantle lithosphere
to form a slice. This crustal slice is exhumed along a basal shear zone
which is rooted in the Moho of the slab and expressed as foreland
dipping thrust in the crust. Throughout the exhumation, the crust is
subjected to a substantial amount of thickening fostering the formation of a thick (~70 km) and narrow (~ 100 km) orogenic root.
7.2. Topographic evolution
Similarly to the above-presented models, it is possible to monitor
the inﬂuence of the different lithospheric processes on the evolution
of topography (Figs. 8C, 9C). The two-ﬁrst observed signals are common
features of these subduction–collision models. These signals correspond
to the overriding margin subsidence during oceanic subduction and
the accretionary prism exhumation prior to collision. These topographic
signals are respectively linked to the downward pull of the slab and
the onset of collision that exhumes the accretionary prism. During the
overall period of continental subduction, the topography develops on
the overriding plate in response to the underthrusting of continental
crust. Slab detachment occurs after ~15 Myr of continental subduction
and yields to the geologically instantaneous broadening of the orogen.
This surface deformation is characterised by a strong surface uplift
(~15 mm/yr) within a short duration (b0.5 Myr). Since the orogen
remains mechanically coupled, the topographic rebound associated
with slab detachment affects both the upper and lower plates. Eduction
affects mostly the lower plates' topography and the occurrence of
buoyant nappe extrusion (>57 Myr) leads to the highest topographic
expression. A noticeable feature of this model is the surface trace of the
nappe in the lower plate's foreland. This thrust trace remains a sharp
signal over a 5 Myr timespan and witnesses the activity of a deeply
rooted shear zone.
7.3. Exhumation
This model involves two main mechanisms for the exhumation of
the buried crust. Each of these mechanisms are linked to the rheology
of the continental crust and to the degree of mechanical decoupling
that exists at the Moho. The ﬁrst mechanism, namely eduction, is
the direct consequence of slab detachment. Eduction is driven by
the buoyancy of the crust which builds up during continental subduction. After slab detachment, this force becomes dominant and triggers
the extraction of the continental lithosphere from the subduction
zone. Such fashion of exhumation is efﬁcient as long the crust remains coherently coupled to the mantle lithosphere. A strong crustal
rheology promotes this behaviour since it resists to buoyantextrusion

(low ξ in Fig. 3B) and no decoupling occurs between the lithospheric
levels (Fig. 7C). During eduction, the deformation localises in the
subduction channel, which is subjected to high effective strain rates
(Fig. 11C at t = 55.88 Myr). As the continental lithosphere suffers
few deformation during exhumation, all the material tracers have resembling retrograde paths (see Fig. 10C). They are characterised by a
sharp kink which determines the timing of slab detachment. Detachment is followed by a short (b2 Myr) peak of exhumation rate
(≈7 cm/yr) witnessing of eduction. The second mechanism is the development of a crustal slice after 3 Myr of eduction. The initiation of
the thrust requires that the buoyancy stress exerted by the exhuming
material overcomes the shear strength of the foreland crust. Another
interesting feature of this model is that, although the suture dips as a
thrust fault, it acts as a normal-sense shear zone during the entire
period of exhumation (eduction and crustal slice extrusion). These
major shear zones are apparent in the second strain rate invariant
ﬁeld depicted in Fig. 11C (at t = 59.12 Myr).
8. Discussion
8.1. Interplay between slab detachment and delamination
According to our simulations, the interaction between slab detachment and delamination is a plausible scenario. This interaction
is intrinsically linked to the rheological structure of the lithosphere.
Delamination is eager to occur in the presence of rheological layering
within the subducting lithosphere (see Sections 5, 6). It is favoured by
a weak crustal rheology which has a potential for buoyant extrusion
(high ξ values). On the other hand, slab detachment is promoted
by a strong crust (Sections 6, 7) which can remain coherent (low ξ
values) and provides strong coupling at the Moho. The combination
of a strong lower crust (e.g. feldspar rheology) with a weaker upper
crust (e. g. wet quartzite ﬂow law) can lead to both mechanism.
Slab detachment and delamination lead to different exhumation and
topographic signals (Duretz et al., 2011; Gö üş et al., 2011; Ueda et
al., 2012). The occurrence of both mechanisms triggers fast exhumation rates (~ 10 cm/yr), polyphase exhumation (Fig. 10B) and abrupt
variations in the topography (Fig. 8B).
8.2. Exhumation rates, average/instantaneous surface uplift rates,
and topography
In our simulations, the exhumations rates (instantaneous vertical
velocity) of deeply buried rocks are on the order of 5 to 8 cm/yr.
The signal of slab detachment during exhumation is associated to
eduction, which occurs in a short timespan (few Myr). The fastest
exhumation events (10 cm/yr) are the results of the combination of
both slab detachment and delamination. On the other hand, the instantaneous surface uplift following slab detachment can reach few
mm/yr. Thus surface motions are generally one order of magnitude
faster than deep exhumation rates. Similarly to exhumation rates, a
peak of instantaneous surface uplift rates follows slab detachment.
This uplift affects both the pro and retro sides of the orogen. It reaches
extreme values (>5 mm/yr) in a geologically short timespan (b 1Myr).
However, the magnitude of this uplift decreases exponentially with
time (see Fig. 9C). After detachment, surface uplift rates rapidly approaches values on the order of 0.5 mm/yr during approximately
5 Myr. Slab detachment is therefore likely to affect the topography
over a signiﬁcant amount of time (see Fig. 8C). The rapid decrease
of surface uplift yields to average surface uplift rates (over 5 Myr)
on the order of 0.2 to 1 mm/yr as presented in our previous study
(Duretz et al., 2011).
In our simulations, which take into account the rheology the crust
and a pseudo free-surface, the topography is dynamic and evolves
according to the contribution of both mantle ﬂow and deforming
crust. In our simulations, evaluating the dynamic topography in the
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sense of Hager et al. (1985) or Zhong and Gurnis (1992) is not an obvious exercise. The crust is actively deforming during orogeny, hence
not in local isostatic equilibrium. It is therefore difﬁcult to remove the
contribution of the deforming lithosphere to the topography. However it is evident from Figs. 4, 5 or 6 that mantle ﬂow has a profound
inﬂuence on the model's results, including the topography. For example, each of our models display a long wavelength deﬂection of the
lithosphere after the initiation of subduction. This subsidence is induced by the downward pull of the slab and the associated mantle
ﬂow. Following this qualitative observation, our results are in accordance with the previous studies on subduction zone topography
(Husson et al., 2012; Zhong and Gurnis, 1992).
8.3. Geological relevance of the models and implications
The models presented above were designed to explore the role
of crustal on the dynamics continental subduction/collision. In this
section, we discuss the major features of our models and their relevance to geological and geophysical observations.
8.3.1. Structural collision style
Collision styles might be qualiﬁed as coupled or decoupled (Faccenda
et al., 2008). A decoupled orogenic style is associated with retreating
slabs. Examples of such types of orogens may include the Apennines
(Reutter et al., 1980) or the Aegean domain (Jolivet et al., 2009). In contrast, coupled collisions such as the Western Alps or the Himalayas are
characterised by their compressional state of stress and the thickness
of their crustal wedge (Faccenda et al., 2009). Although our models
differ from those of (Faccenda et al., 2008, 2009) in terms of boundary
conditions and rheological model (i.e. absence of ﬂuid-related weakening), our results manage to reproduce both orogenic styles, which are
determined by the level of mechanical coupling across the Moho.
8.3.2. Crustal rheology and the occurrence of slab detachment
In contrast to our previous study (Duretz et al., 2011), slab detachment is not a systematic feature of our models. Here, purely retreating
collision takes place (Fig. 4) in presence of a weak coupling at the
Moho. This promotes the delamination of the lithosphere and results in
a quasi free subduction, overridden by a deformable crust. The buoyant
crust resists to subduction and decouples from the slab, preventing the
development of strong extensional stresses within the descending slab.
Such conﬁguration delays, or potentially inhibits, the occurrence of
slab detachment. The geophysical interpretation of slab detachment
in collision zones such the Alps, the Carpathians, or the Himalaya
(Cloethingh et al., 2004; Lippitsch et al., 2003; Lister et al., 2008;
Sperner et al., 2001) might, to some extent, reﬂect the presence of a
subducted continental marginat depth. The occurrence of prolonged
continental subduction may further suggest a strong coupling at the
Moho of subducting continental lithospheres. These results are in
agreement with (Burov and Yamato, 2007) that showed that a weak
coupling at the Moho does not promote the formation and exhumation
of high pressure rocks. More generally, (Shemenda and Grocholsky,
1992) already suggested that the coupling across the Moho should be
sufﬁciently strong to transfer stress through the crust and trigger realistic orogenic deformation patterns.
8.3.3. Continental subduction and Ultra-High Pressure metamorphism
An important aspect of continental collision is the occurrence of
continental crust subduction. Here, the maximum burial depth of the
crust is controlled by two major geodynamic mechanisms: (1) the
occurrence of slab detachment or (2) the onset of delamination. Our
results indicate that a weak lower crust favours fast delamination
at the Moho, leading to a moderate burial depth (~140 km). On the
other hand, a strong lower crust provides sufﬁcient mechanical coupling at the Moho to drag continental crust deep into the mantle
(>180 km) until detachment eventually occurs. Under the assumption
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that HP–UHP domains are produced under near-lithostatic conditions
(Burov and Yamato, 2007; Yamato et al., 2008), the existence of such
domains at the surface of the Earth (Chopin, 2003; Hacker et al., 2006)
may witness from a strong coupling between the mantle lithosphere
and the crust during periods of continental subduction. Another consequence of continental subduction is the build up of a strong buoyancy
force, which promotes eduction after slab detachment (Duretz et al.,
2012a). This mechanism can partially accommodate exhumation and
was proposed for the tectonic evolution Caledonian (Andersen et al.,
1991; Brueckner and van Roermund, 2004; Schlindwein and Jokat,
2000) and Variscan (Schneider et al., 2006) orogens.
8.3.4. Collisions and the width of inverted oceanic basins
The models presented above also assume that gravitational forces
are a dominant driver of continental collision. Thus, they apply to
regions which underwent subduction of a sufﬁciently wide (or cold)
ocean basin. This may concerns orogens with a long convergence history, such as the Himalaya (Avouac, 2003; Mattauer et al., 1999), but
the setting might be different for orogens such as the Alps where the
pre-collisional history is less constrained (Handy et al., 2010). If compression occurs after a limited period of rifting/drifting, a wide ocean
cannot be subducted and no signiﬁcant slab pull can be generated.
However, as discussed, far-ﬁeld and along strike forces could lead to
the inversion of oceanic basins. Subsequently, the presence of extensional structures, such as documented in actual orogens (Manatschal
et al., 2006, 2011), are likely to condition the orogenic geometry
(Jammes and Huismans, 2012).
8.3.5. Topographic implications
Our models shows the topographic inﬂuence of slab dynamics
on the evolution of topography, with emphasis on processes such as
slab detachment and retreat. We showed that the average surface
uplift related to slab dynamics are on the order of 0.5–1 mm/yr. Such
uplift can affect regions of ~100 km length scale and persist over several
Myr. This is in agreement with geological observation that stresses the
role of slab dynamics in the uplift of plateaus (e. g. Central Anatolian
Plateau (Schildgen et al., 2012)). Moreover, our modelled surface uplift
rates compare well with estimations. Those range between 0.3 mm/yr
in Borneo (Morley and Back, 2008) and 0.25–0.5 mm/yr in Central
America (Rogers et al., 2002) and might be related to slab detachment.
8.4. Model limitations
One limitation of the simulations presented above is the mechanism
that continental collision. Our semi-dynamic methodology contrasts
with other studies that employed kinematic boundary conditions
to drive collision (e. g. Burov and Yamato, 2007; Warren et al., 2008).
Although this approach has the advantage to reproduce the convergence slowdown due to continental collision and dynamic consequences of slab detachment (uplift, eduction, extension), it does not
allow a strong control on far-ﬁeld plate kinematics. The use open sidewalls (e. g. Chertova et al., 2012; Quinquis et al., 2011) has the ability
to inhibit return ﬂow from sidewalls and can be coupled together
with an applied normal stress condition (Chertova et al., 2012). This
methodology is likely to better render far-ﬁeld tectonic stresses without explicitly applying kinematic boundary conditions, hence, prescribing directions and rates of plate motion.
Another limitation of these model is their two-dimensional nature. Our simulations do not allow transtensional and transpressional
deformation nor lateral extrusion. However, slab detachment dynamics can differ in three dimensions, exhibiting inhomogeneous dynamics in the trench direction (Burkett and Billen, 2011; van Hunen and
Allen, 2011). Progressive slab detachment in the trench direction is
likely to affect the style of exhumation, topography (Wortel and
Spakman, 2000) and the overall plate kinematics (Austermann et
al., 2011). As pointed out by Alvarez (2010), the process of continued
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convergence following slab detachment remains poorly understood.
In our simulations, only the delamination (weak crust) model allows
to maintain a compressive stress state in the orogen. Models involving slab detachment ultimately lead to extension in response to the
complete loss of slab pull. We can still expect that, if slab detachment
occurs sufﬁciently deep (>300 km), the negative buoyancy of the
hanging slab combined with far-ﬁeld forces might be sufﬁcient to
maintain convergence. On the other hand, it is important to take
into account three-dimensional effects such slab pull transmission
(in the along-trench direction) from adjacent areas where slabs are
still attached. This mechanism, which remains poorly explored, may
lead to the continued convergence despite the local occurrence of
slab detachment.
In this study, tectonic forces may also be a concern. Recent studies
highlighted the role of mantle drag in driving plate tectonics (Alvarez,
2010; Husson, 2012). The magnitude of this force scales with the
plate length and is likely to be large if the slab/asthenosphere viscosity contrast is low (b 10 2–10 3) and the dimension of the plates is
large. In combination with hot spots, drag force may lead to drastic
plate accelerations (Cande and Stegman, 2011). Such force may also
be responsible for maintaining long term compression in orogens
that underwent slab detachment (Alvarez, 2010). Future thermomechanical models should thus explore the rheological conditions
that would allow such force budgets together with stable convergent
plate dynamics.

9. Conclusions
Our results show that the lithology of the crust, as well as its
rheological structure, can by itself control the overall dynamics of
subduction/collision systems. The results are supported by a simple
quantiﬁcation of the mechanical decoupling between the lithospheric
levels (σ ∗) and the potential of the crust to be subjected to buoyant
extrusion (ξ). A strong crustal rheology enables mechanical coupling
at the Moho (small σ ∗), this conﬁguration favours the subduction of
crust. Deep continental subduction is facilitated by the strong crust
that can remain coherent during burial (low ξ). Subduction may attain
200 km, depth at which slab detachment eventually takes place. Subsequently coherent exhumation of the crust is driven by means of eduction and thrusting. These orogens become bivergent subsequently
to slab detachment and are characterised by a high (> 4.5 km) and
narrow (b200 km) topography in the vicinity of the suture. Conversely,
a weak crustal rheology provides decoupling at the Moho (high σ∗).
Such promotes the delamination of the lithosphere with ongoing subduction and the extrusion of the subducting crust (high ξ). Delamination can inhibit the occurrence of slab detachment and can lead to
crustal shortening driven by protraction of the overlying crust. The
buckling of the crust, which is decoupled from the mantle lithosphere,
triggers the development of periodic (50 km) topographic bulging
locatedon the lower plate's foreland. Layered crustal models introduce
an additional level of decoupling at mid-crustal depths (high σ ∗). Such
rheological conﬁguration promotes the delamination of the upper
crust and the deep subduction of the lower crust (small σ ∗ at the
Moho). This type of collision can therefore be successively affected by
delamination (associated to rollback) and slab detachment. The extrusion of the upper crust is fostered by buoyant ﬂow (high ξ), which may
occur during the burial of weak crust (e. g. wet quartzite rheology).
The exhumed crust propagates in a channelised manner onto the foreland (lower plate) and results in the broadening of the orogen. The
lateral growth of the orogen is further enhanced by the occurrence
of slab detachment that affects topography on both the upper and
lower plates. These results may indicate that the occurrence of both
delamination (Apennines) and slab detachment (Himalayas) in orogens
is strongly related to initial differences in terms of crustal rheology and
structure.
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