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a b s t r a c t
There are differences in the style of collisional orogens between the Phanerozoic and the Precambrian, most
notably the appearance of blueschists and ultrahigh pressure metamorphic (UHPM) rocks in the geological record since the late Neoproterozoic, whereas these rocks are absent from older orogens. Understanding collisional
orogenesis in the context of present-day values for ambient upper-mantle temperature and radiogenic heat
production provides a reference from which to extrapolate back to conditions in the Precambrian. To evaluate
differences in the way Phanerozoic and Precambrian collisional orogens develop, a series of experiments was
run using a 2-D petrological–thermomechanical numerical model in which the collision of spontaneously
moving continental plates was simulated for values of ambient upper-mantle temperature and radiogenic
heat production increasing from those appropriate to the present-day. Thus, models of modern collisional
orogens involving different modes of exhumation of UHPM rocks were extrapolated back to conditions appropriate
for the Precambrian. Based on these experiments an increase of the ambient upper-mantle temperature to >80–
100 K above the present-day value leads to two distinct modes of collision that are different from the modern
collision regime and for which the terms truncated hot collision regime (strong maﬁc lower continental crust)
and two-sided hot collision regime (weak felsic lower continental crust) are proposed. Some Proterozoic orogens
record post-extension thickening to generate counter-clockwise metamorphic P–T paths followed by slow closeto-isobaric retrograde cooling, such as occurred in the Paleoproterozoic Khondalite belt in the North China craton
and the late Mesoproterozoic–early Neoproterozoic Eastern Ghats province, part of the Eastern Ghats belt of peninsular India. These orogens have similarities with the truncated hot collision regime in the numerical models,
assuming subsequent shortening and thickening of the resulting hot lithosphere. Other Proterozoic orogens are
characterized by clockwise looping metamorphic P–T paths and extensive granite magmatism derived from diverse
crustal and subcontinental lithospheric mantle sources. These orogens have similarities with the two-sided hot collision regime in the numerical models. Both regimes are associated with shallow slab breakoff that precludes the formation of UHPM rocks. The temperature of the ambient upper-mantle where this transition in geodynamic regimes
occurs corresponds broadly to the Neoproterozoic Era.
© 2013 International Association for Gondwana Research. Published by Elsevier B.V. All rights reserved.

1. Introduction
The relevance of studies of modern collisional orogens to understanding collisional orogenesis in the Precambrian is still an enigmatic
issue. For this reason it is common to use a uniform approach based
on the plate tectonics paradigm to interpret Precambrian geology and
continental reconstructions (e.g. Cawood et al., 2006; Condie and
Kröner, 2008; de Kock et al., 2009). Indeed, there are many similarities
in rock types between modern and Proterozoic orogens, such as the presence of dismembered ophiolite complexes and eclogites (e.g. Moores,
2002; Brown, 2006, 2007, 2008), as well as a number of changes during
the late Archean in the style and chemistry of magmatic rocks (e.g. Valley
et al., 2005; Smithies et al., 2007; Condie, 2008; Martin et al., 2010; Keller
and Schoene, 2012), the rates of addition of juvenile crust vs. crustal
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reworking (Dhuime et al., 2012), and the sites of continental growth
(Condie and Kröner, 2013) that are consistent with a global plate tectonics regime during the Proterozoic and, perhaps, during the Neoarchean.
In addition, seismic reﬂection and refraction surveys have determined
the internal architecture of the continents (e.g. Korja and Heikkinen,
2005; Hammer et al., 2010) and identiﬁed dipping structures that displace the Moho (e.g. Calvert et al., 1995; Oueity and Clowes, 2010)
back to the Neoarchean, features that are consistent with terrane accretion and collisional orogenesis.
These geological, geochemical and geophysical data from Neoarchean
and Proterozoic provinces require the elimination of ocean basins
by subduction of oceanic lithosphere, consistent with the large lateral
displacement of cratons that are recognized based on paleomagnetic
data (e.g. Evans and Mitchell, 2011), which has led many researches
to the conclusion that a plate tectonics regime similar to that on modern
Earth operated in the Precambrian, perhaps from as early as the late
Mesoarchean (e.g. Condie and Pease, 2008; Condie and O'Neill, 2010;
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Gerya, 2014). However, there are no examples of blueschists or evidence
of the deep subduction of continental crust in the form of exhumed
ultrahigh pressure metamorphic rocks in the geological record before
the Neoproterozoic (e.g. Brown, 2006, 2007). Since these features are
characteristic of the Phanerozoic style of plate tectonics and collisional
orogenesis, some researchers have concluded that the modern plate tectonics regime began only during the Proterozoic (e.g. Hamilton, 1998),
possibly as late as the Neoproterozoic (e.g. Stern, 2005; Hamilton,
2011). Thus, a purely uniformitarian approach to collisional orogenesis
in the Precambrian may be inappropriate. Indeed, there is a growing
body of research pointing to a distinct style of deformation and metamorphism in Neoarchean and Paleoproterozoic orogens (e.g. Choukroune et
al., 1995; Rey et al., 2003; Cagnard et al., 2006; Rey and Houseman,
2006; Cagnard et al., 2007; Chardon et al., 2009; Cagnard et al., 2011).
It is only recently that parameterized numerical modeling and
analog experiments have been used to investigate the stabilization of
cratons and major transitions in tectonic regime with secular evolution
on Earth (e.g. Rey and Houseman, 2006; Burov and Yamato, 2008; van
Hunen and van den Berg, 2008; Gapais et al., 2009; Gray and
Pysklywec, 2010; Rey and Coltice, 2010; Sizova et al., 2010; Moyen
and van Hunen, 2011; van Hunen and Allen, 2011; Maierova et al.,
2014; Vogt and Gerya, 2014). These studies support a mobile lid regime
based on lateral displacement of lithospheric plates and elimination
of ocean basins by subduction since the Mesoarchean–Neoarchean
(e.g. van Hunen and van den Berg, 2008; Sizova et al., 2010; Moyen
and van Hunen, 2011). To resolve some of the issues related to the ﬁrst
appearance of blueschists and ultrahigh pressure metamorphic rocks in
the geological record during the Neoproterozoic (e.g., Stern, 2005;
Brown, 2006, 2007), we have undertaken a systematic investigation of
the effects of a warmer ambient upper-mantle, higher crustal radiogenic
heat production, changes in thickness and chemical buoyancy of the continental lithosphere, and differences in lower crustal composition and
rheology on the style of collisional orogenesis. In particular, we are interested in what conditions earlier in Earth history prevented blueschists
and UHPM rocks from developing on Earth prior to the Neoproterozoic.
1.1. Phanerozoic vs. Precambrian orogens
Phanerozoic collisional orogenic systems generally produce characteristic clockwise metamorphic pressure–temperature (P–T) paths
(e.g. Brown, 1993, 2001) and may generate extreme ultrahighpressure metamorphism (UHPM) of subducted continental crust
(Ernst, 2001; Liou et al., 2004), which may melt during exhumation
(Auzanneau et al., 2006), or if subducted past the “point of no return”
may be transported into the deep mantle (e.g., Irifune et al., 1994;
Domanik and Holloway, 2000; Searle et al., 2001; Dobrzhinetskaya
and Green, 2005; Liu et al., 2007; Wu et al., 2009; Faryad et al., 2013).
Continental rocks are subjected to ultrahigh-pressure metamorphism
(UHPM) at temperatures from ~700 to 950 °C and pressures >2.8 up
to 6.0 GPa, corresponding to depths of ~100 to >200 km (e.g. Liou et
al., 2004). These UHPM units are subsequently exhumed to middle
crustal depths while erosion or younger tectonic events are responsible
for ﬁnal exhumation to the surface.
More than twenty UHPM terranes have been documented all over
the world; with two exceptions at 660–655 Ma (John et al., 2004) and
620 Ma (Jahn et al., 2001), all of them are of Phanerozoic age (Brown,
2007). They lie within major continental collision belts and extend for
several hundred kilometers along strike; most are in Eurasia, with rare
examples in Africa, Central America and Antarctica. Many of the exhumed UHPM rocks exposed at the surface occur as subhorizontal
sheets 1–5 km in thickness, bounded by normal faults on the top and
reverse faults on the bottom, sandwiched between high-pressure or
lower-grade metamorphic units (Kaneko et al., 2000; Ernst, 2001;
Liou et al., 2004). Typically, the UHPM rocks now form the cores of
antiformal nappe stacks that deﬁne structural domes 5–50 km across
(Faure et al., 2003; Xu et al., 2006; Epard and Steck, 2008). The upper

523

levels of many HPM–UHPM terranes are dominated by extensional
structures formed during and/or after initial exhumation from UHPM
conditions (Andersen and Jamtveit, 1990; Ratschbacher et al., 2000;
Avigad et al., 2003).
As discussed above, the appearance of UHPM complexes in the geological record during the Neoproterozoic raises an important question
about a different style of orogenesis earlier in Earth history. It is widely
accepted that the Earth has been cooling since its formation due to the
decline in radiogenic heat production (e.g. Abbott et al., 1994; Labrosse
and Jaupart, 2007), although the process may not have been monotonic
(e.g. Sleep, 2007). The greater rate of production of continental crust
prior to 3.0 Ga (Dhuime et al., 2012) and the occurrence of tonalites–
trondhjemites–granodiorites and komatiites, which are largely restricted to the Archean (Goodwin, 1991), are consistent with a hotter Earth.
Ambient mantle potential temperatures are inferred to have been
signiﬁcantly higher than the present day, which would have led to the
production of a greater volume of primary melts with higher MgO
(McKenzie and Bickle, 1988; Nisbet et al., 1993; Herzberg et al., 2007,
2010).
Although there is no debate about a hotter ambient upper-mantle
in the past, there is considerable uncertainty in the estimate of how
much hotter it might have been. Based on Labrosse and Jaupart
(2007) and Herzberg et al. (2010), the ambient upper-mantle temperature from the Paleoarchean to the Paleoproterozoic might have
been 250–150 K higher than the present day. Even at 1.0 Ga the ambient upper-mantle temperature was probably ~ 100 K warmer than
at present, and it was probably ~ 60 K warmer at the dawn of the
Phanerozoic. However, ﬁeld observations of the Archean sediment record
and experimental determination of phase relations in hydrous komatiitic
melts have shown that the upper mantle liquidus temperatures could not
have been much hotter than today (b100 °C; Galer, 1991; Campbell and
Grifﬁths, 1992; Grove et al., 1994; Parman et al., 1997). Higher ambient
upper-mantle temperatures are likely to affect the rheology and tectonics
of the lithosphere (e.g. Davies, 1992; de Wit, 1998; Burov and Yamato,
2008; van Hunen and van den Berg, 2008; Sizova et al., 2010).
Archean and Paleoproterozoic orogens in particular commonly comprise large areas of monotonous high-temperature, low-to-moderate
pressure metamorphic rocks with extensive magmatism that has contributed signiﬁcantly to crustal growth (e.g. Brown, 2007; Ahäll and Connelly,
2008; Gapais et al., 2009; Kukkonen and Lauri, 2009; Smithies et al., 2011;
Dhuime et al., 2012; Percival et al., 2012). These orogens formed above
warmer mantle than modern orogens, and remained hot and mechanically extremely weak during deformation over protracted periods of
time; Chardon et al. (2009) referred to these as ultra-hot orogens. Rey
and Houseman (2006) and Gapais et al. (2009) argued that convergence
involving warm and rather weak, buoyant lithosphere in the Precambrian
would result in more homogeneous lithospheric deformation that would
be reﬂected in the distributed patterns of strain, lower topographic relief
and lower exhumation rates characteristic of these orogens. Even at the
end of the Proterozoic Era, granulite and ultrahigh temperature metamorphism occurs in most of the orogenic belts that suture the cratonic elements of Gondwana (Cawood and Buchan, 2007).
Brun (2002) proposed that the fundamental difference between
ultra-hot orogens and cold orogens is the Moho temperature, which
determines the strength of the upper mantle, and Burov and Yamato
(2008) used numerical experiments to investigate the importance of
Moho temperature in controlling the style of collisional orogenesis.
Burov and Yamato (2008) identiﬁed that continental subduction is
possible only in the case of strong mantle lithosphere characterized by
Moho temperatures below Tm b 500 °C; thus, the formation and exhumation of UHPM rocks can only occur in this regime. Increasing Moho
temperature leads to lithospheric folding at 500 °Cb Tm b 650 °C or
pure shear thickening at 550 °Cb Tm b 650 °C, and ﬁnally to Rayleigh–
Taylor instabilities at Tm > 650 °C. Subsequently, Gray and Pysklywec
(2010) used numerical experiments to investigate the behavior of
continental lithosphere during Neoarchean collision taking into
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account the initial elevated geotherm, higher radiogenic heat production and different densities of lithospheric and sub-lithospheric
mantle at that time. These authors proposed three dominant styles of
Neoarchean mantle lithosphere deformation during collision: pureshear thickening; imbrication (the strong upper portion of the mantle
lithosphere underthrusts adjacent mantle lithosphere along a weak/
decoupling crust–mantle interface); and, underplating.
The pattern of crustal metamorphism in the geological record indicates secular change and records two major discontinuous transitions
in the thermal structure of orogenic systems that separate three
geodynamic regimes in the evolution of Earth (Brown, 2006, 2007).
The ﬁrst transition is identiﬁed by the appearance of eclogite–highpressure granulite metamorphism (E–HPM) and ultrahigh-temperature
metamorphism (UHTM) in the geological record across the Archean–
Proterozoic boundary; this style of metamorphism is dominant from
the Neoarchean to the Cambrian. The second transition is identiﬁed by
the appearance of blueschists and UHPM rocks in the Neoproterozoic
Era, demanding deep subduction of the continental crust and its return
to crustal depths; blueschists and UHPM rocks are characteristic of
Phanerozoic collisional orogens (Brown, 2006, 2007).
The ﬁrst discontinuous transition was investigated by Sizova et al.
(2010) in a series of experiments using a numerical model of ocean–
continent convergence and ocean plate subduction, and covering a
wide range of parameter space. These authors showed that the appearance of E–HPM and UHTM during the Mesoarchean–Neoarchean related
to a change in the geodynamic regime as one-sided subduction became
possible. The systematic investigation of the second transition with a series of experiments using a numerical model of ocean plate subduction
and continent–continent collision is the main goal of the present paper.
The results reported here complement the study by van Hunen and
Allen (2011) who used 3-D fully dynamical models to investigate the
self-consistent dynamics of slab breakoff after continental collision.
They proposed that in a continental collisional setting a weak oceanic
plate, which is considered typical for the Precambrian, would have led
to earlier and shallower break-off of the oceanic plate than happens
during collision today, when slabs are stronger. As a result, continental
crust cannot be taken down to the depth required to form blueschists
and UHPM rocks, and these rocks would not be expected to be present
in the Precambrian geological record.
Using a numerical model of collision driven by spontaneously
moving plates, Sizova et al. (2012) investigated a variety of exhumation mechanisms for HPM–UHPM rocks, including vertical crustal extrusion, large-scale crustal stacking and trans-lithospheric diapirism.
These authors demonstrated the importance of a non-prescribed convergence velocity condition and the effect of ﬂuid- and melt-related
weakening in enabling and controlling the exhumation mechanisms
during continental collision. To investigate possible changes in the
style of collision earlier in Earth history that could have prevented
UHPM rocks from developing, a series of numerical experiments
was designed based on different exhumation mechanisms for UHPM
rocks investigated in the earlier study by Sizova et al. (2012). These
experiments systematically investigate increases (compared to present day values) in ambient upper-mantle temperature, crustal radiogenic heat production, and thickness and chemical buoyancy of the
continental lithosphere, as well as the effects of lower crustal composition and rheology for identiﬁed transitions between modern and
Precambrian collision styles. The point of the modeling is not to predict the evolution of any particular orogen, but to understand the
controlling factors that determine differences in style of orogenesis.
2. Numerical model description
2.1. Numerical model design
The 2D petrological–thermomechanical numerical model used in
this work simulates the processes of oceanic subduction followed by

continental collision in a 4000 km wide× 1400 km deep lithosphere–
asthenosphere section. The model is based on the I2VIS code (Gerya
and Yuen, 2003) using conservative ﬁnite differences and a nondiffusive marker-in-cell technique to simulate multiphase ﬂow. A
40 Ma old oceanic plate with a width of 400/600 km is located between
two continental plates; the oceanic plate is part of the left-hand composite oceanic–continental plate (Fig. 1). The right-hand continental
plate is 1700 km wide and ﬁxed whereas the left-hand continental
plate is 1660/1860 km wide (attached to an oceanic plate 600/400 km
wide, respectively) and it is initially pushed to the right with a constant
velocity of 5 cm/yr, imposed in a small domain in the continental lithosphere at the left edge of the model. The push is maintained for the ﬁrst
6/10 million years of model evolution (according to the length of the
oceanic plate, which is 400/600 km, respectively) until the left-hand
continent reaches the right-hand continent after which the push is
discontinued and subduction is driven spontaneously by slab pull.
Thus, the collision stage in the model evolves self-consistently
according to a spontaneous plate convergence velocity regulated by
the slab pull, asthenospheric viscosity and buoyancy of the subducting
continental crust. The models use a grid resolution of 1361× 351
nodes with variable grid spacing. This allows a highest grid resolution
of 1 × 1 km in the area of interest covering 1050 km horizontally
(from x = 1900 to 2950 km) and 250 km vertically (from z = 0 to
250 km). The number of Lagrangian markers is around 13 million.
On the left, the oceanic lithosphere is generally attached abruptly
to the continental lithosphere, although in some experiments the attachment is more gradual, with sedimentary rocks overlying a narrow
or wide passive margin (50/150 km wide), whereas on the right a
prism of sedimentary rocks is set against the continent above a
right-dipping weak zone along the left edge of the right-hand continental plate (Fig. 1). The cooling age of the oceanic lithosphere is
40 Ma. The oceanic crust is represented by 2 km of hydrothermally
altered basalts underlain by 5 km of gabbroic rocks. The upper continental crust is felsic (thickness is 20 km with a weaker rheology of
wet quartzite, Table 1) whereas the lower continental crust is generally maﬁc (thickness is 20 km with a stronger rheology of plagioclase
An75, Table 1), although in some experiments the lower crust is felsic
(thickness is 20 km with a weaker rheology of wet quartzite, Table 1).
At the onset of subduction, both the lithospheric mantle and the
asthenosphere consist of anhydrous peridotite. During the process
of subduction, the mantle overlying the subducting slab becomes
hydrated as a result of migration of ﬂuid liberated by metamorphic
reactions in the slab. The stable ﬂuid content for each lithology was
obtained using free energy minimization (Connolly, 2005). The ﬂow
law for each lithology and other physical parameters for the experiments are presented in Table 1.
Subduction of the oceanic plate is initiated by prescribing a weak
zone in the mantle with the rheology of wet olivine (Ranalli, 1995)
and low plastic strength (internal friction coefﬁcient of 0.1) between
the oceanic plate and the right-hand continental plate (e.g. Toth and
Gurnis, 1998). The weak zone extends from the bottom of the continental crust to the bottom of the continental lithosphere (140 km
for present-day conditions). The chemical density contrast between
the subcontinental lithospheric mantle and the underlying mantle is
20 kg/m 3 for present-day conditions (Djomani et al., 2001).
All mechanical boundary conditions are free-slip. The top surface
of the lithosphere is treated as an internal free surface by using an
18–20 km thick top layer with low viscosity (10 18 Pa s) and density
(1 kg/m 3 for air and 1000 kg/m 3 for sea water below the z = 10 km
level). The large viscosity contrast caused by these low viscosity
boundary layers minimizes shear stresses (b10 4 Pa) at the top of
the lithosphere making it an efﬁcient free surface (cf. Schmeling et
al., 2008). This upper boundary evolves by erosion and sedimentation
(see Supplementary materials for details).
The initial temperature ﬁeld for the oceanic plate is derived from
the oceanic geotherm computed for the given cooling age and the
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Fig. 1. Initial conﬁguration of the numerical model (see text and Sizova et al. (2010) for details). White lines are isotherms shown for increments of 200 °C starting from 100 °C.
Colors indicate materials (e.g. rock type or melt) which appear in subsequent ﬁgures. Letters in blocks show the rheology that is used for the materials (see Table 1): a — wet quartzite;
b — plagioclase An75; c — dry olivine; and d — wet olivine. The resolution of the model at x=1900–2950 km and y=0–250 km is 1×1 km, in the remaining part of the model resolution
gradually changes to up to 10×10 km.

temperature of the asthenospheric upper mantle (Turcotte and
Schubert, 2002). In the continental lithosphere, the initial thermal
structure is determined based on the radiogenic heat production of
the upper and lower crust, where the surface temperature (0 °C)
and the upper-mantle temperature at the bottom of the lithosphere
(for 140 km-thick lithosphere, 1344 °C; for 160 km, 1357 °C) are prescribed. The initial temperature gradient in the underlying mantle is
0.5 °C/km. During the numerical experiments this initial thermal
structure evolves spontaneously.
Because the H2O transport model does not permit complete hydration of the peridotitic mantle, the mantle solidus is intermediate
between the wet and dry peridotite solidi. In reality, variable hydration would permit melting over a range of temperatures and water
contents (e.g. Grove et al., 2006). To account for this behavior we
assume that the degree of both hydrous and dry melting is a linear
function of pressure and temperature (e.g. Gerya and Yuen, 2003).
In this model the volumetric degree of melting M0 is,
8
>
>
<

0
T−T solidus
Mo ¼
T
−T solidus
>
>
: liquidus
1

TbT solidus
T solidus bTbT liquidus ;

ð1Þ

T > T liquidus

where Tsolidus and Tliquidus are, respectively, solidus temperature (wet
and dry solidi are used for the hydrated and dry mantle, respectively)
and dry liquidus temperature at a given pressure and rock composition (see Table 1). To simulate melt extraction from partially molten
rocks (e.g. Nikolaeva et al., 2008; Gerya and Meilick, 2011) we deﬁne
a melt extraction threshold Mmax and a non-extractable amount of
melt Mmin b Mmax that will remain in the source. The inﬂuence of
these parameters on subduction dynamics and crustal growth is
investigated for the case of constant Mmax/Mmin = 2.
Markers track the amount of melt extracted during the evolution of
each experiment. The total amount of melt, M, for every marker takes
into account the amount of previously extracted melt and is calculated
as,
M ¼ M0 −∑ Mext ;
n

ð2Þ

where ∑ Mext is the total melt fraction extracted during the previous n
n

extraction episodes. Once the total amount of melt, M, computed from
Eqs. (1) and (2) for a given marker, exceeds Mmax, the extractable
melt fraction Mext = M − Mmin is assumed to migrate upward and the
value of ∑ M ext is updated. We assume that melt migration is rapid
n

compared to the deformation of unmelted mantle, so that the velocity
of the melt is independent of mantle dynamics (Elliott et al., 1997;
Hawkesworth et al., 1997). Thus, the extracted melt is transported instantaneously to the surface forming new volcanic crust above the extraction area.
The weakening effects of ascending ﬂuids and melts are included
in the model (Sizova et al., 2010; Gerya and Meilick, 2011). During
aqueous ﬂuid propagation from the slab the yield strength, σyield, of
the percolated rocks is decreased according to λﬂuid = 1 − Pﬂuid / Psolid
(see the Supplementary materials). Similarly, during a melt extraction episode, the yield strength, σyield, of rock in the column between
the source of the melt and the surface, is decreased according to
λmelt = 1 − Pmelt / Psolid. A low value of λﬂuid = λmelt = 0.001 was used
in the numerical experiments providing signiﬁcant weakening of
rocks subjected to free ﬂuid/melt propagation and creating favorable
conditions for realistic modern-style subduction (Sizova et al., 2010).
The compressibility of the subducting oceanic crust was increased
by a factor of two relative to other rocks. This allowed simulation to a
ﬁrst order of the effects of an increased slab pull related to the
eclogitization reaction in the subducting slab (e.g. Mishin et al.,
2008; Baumann et al., 2010). A more detailed description of the
model and the numerical techniques employed in this study are
given in the Supplementary materials and in Sizova et al. (2010).

2.2. Modeling procedure
To investigate possible differences in the formation of Phanerozoic
and Precambrian collision belts, four series of experiments were undertaken, extrapolating back from reference models that yielded different exhumation mechanisms of UHPM rocks (Sizova et al., 2012),
since this is the most distinctive feature of the modern collisional
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Table 1
Properties of the materials used in the experiments (Bittner and Schmeling, 1995; Clauser and Huenges, 1995; Ranalli, 1995; Schmidt and Poli, 1998; Turcotte and Schubert, 2002; Burg and Gerya, 2005). ρ0—density, k—thermal conductivity,
Tsolidus, liquidus—solidus and liquidus temperatures of the crust, Hr, HL—heat production (radiogenic, latent), E—activation energy, n—stress component, AD—material constant, V—activation volume, and sin(φdry)—effective friction coefﬁcient
for dry rocks.
ρ0 [kg/m3]
(solid)

Sedimentary and
felsic crust

Sediments:2600
Felsic crust:
2700

k [W/(m ∗ K)]

Rheology/
ﬂow law

h
i
807
0:64 þ ðTþ77
Þ  expð0:00004⋅P MPa Þ Wet
quartzite

Melt-bearing sediments 2400
and felsic crust
Basalts
3000

–//–

Melt-bearing basalts
Gabbroic/maﬁc crust

2900
3000

Melt-bearing gabbroic/
maﬁc crust
Lithosphere–
asthenosphere
mantle
Hydrated mantle/
hydrated mantle in
subduction zone/
serpentinized mantle

2900

–//–
–//–
h
i
474
1:18 þ ðTþ77
Þ  expð0:00004⋅P MPa Þ Plagioclase
An75
–//–
Wet
quartzite
h
i
1293
0:73 þ ðT¼77
Þ  expð0:00004⋅P MPa Þ Dry olivine

Dry/wet melt-bearing
mantle
Referenceb
a
b

3300

–//–

h
i
474
1:18 þ ðTþ77
Þ  expð0:00004⋅P MPa Þ Wet
quartzite

3200
(hydrated)
3000
(serpentinized)
3300 (shear
zone)

–//–

Wet
olivine

3300/2900

–//–

1, 2

3

Dry/wet
olivine
4

Tsolidus [K]

At Pb1
17900
20200
889 þ
þ
ðP þ 54Þ ðP þ 54Þ2
at P > 1200 MPa
831 þ 0:06⋅P
–//–
at Pb1600 MPa
70400
77800000
þ
973−
ðP þ 354Þ ðP þ 354Þ2
at P > 1600 MPa
935 þ 0:0035⋅P þ 0:0000062⋅P 2
–//–
–//–
–//–
1394 þ 0:133⋅P MPa −0:0000051⋅P

2

Tliquidus [K]

Hr
[μW/m3]

HL
[kJ/kg]

E
[kJ/
mol]

n

1262 + 0.009 ⋅ P

2 felsic
crust:1

300

154

2.3 10−3.5

–//–

–//–

–//–

0

1

AD
[Mpa−II ∗
s−1]

–//–

1423 + 0.105 ⋅ P

0.25

380

154

2.3 10

–//–
1423 + 0.105 ⋅ P

–//–
0.25

–//–
380

0
238

1
–//–
3.2 10−3.5

–//–
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orogenesis with stiff converging lithospheres. The modeling is restricted to an investigation of variations in the most likely ﬁrst order
parameters controlling collisional orogenesis when extrapolating back
to the Precambrian (ambient upper-mantle temperature, crustal radiogenic heat production, and thickness and chemical buoyancy of the continental lithosphere).
The distinct modes of exhumation of UHPM rocks associated with different collision scenarios from Sizova et al. (2012) are: large-scale crustal
stacking (reference model CS), trans-lithospheric diapirism (reference
model TD) and vertical crustal extrusion (reference model VE); in addition, shallow crustal delamination (reference model SD) occurs when
the lower crust is felsic. All experiments relating to present-day conditions involve continental collision of spontaneously moving plates, subduction of the continental lithosphere, oceanic slab detachment and
exhumation of UHPM rocks.
To extrapolate the reference models back in time, the four
ﬁrst-order parameters listed above that have gradually decreased
throughout Earth history (e.g. Abbott et al., 1994; Djomani et al., 2001;
Chacko, 2003; Korenaga, 2006) were progressively increased. Thus, in
the numerical experiments, the upper-mantle temperature was increased in a series of steps up to 150 K higher than the present-day
value (ΔT =150 K)), together with crustal radiogenic heat production
(up to 1.5 times higher (Hr =1.5 ∗Hr0)), thickness of the continental
lithosphere (from 140 km to 160 km (Lt= 140–160 km; Djomani et
al., 2001)) and the chemical density contrast between the subcontinental lithospheric mantle and the underlying asthenospheric mantle
(where a difference with the underlying mantle of D =20 kg/m3 corresponds to the present-day conditions, and D= 50 kg/m3 corresponds to
Proterozoic (Djomani et al., 2001)).
3. Experimental results for models with strong maﬁc lower crust
3.1. CS model: large-scale crustal stacking
3.1.1. Reference model for present-day conditions
Fig. 2 (and Fig. S1 in Supplementary materials) illustrates the evolution of an experiment with the oceanic lithosphere component of
the left-hand plate 600 km long and the width of the incoming passive margin 50 km wide (abrupt passive margin). This geodynamic
model was initially run for present-day conditions (Sizova et al.,
2012), where the upper-mantle temperature at the bottom of the
continental lithosphere at 140 km depth is 1344 °C and the density
contrast between the subcontinental lithospheric mantle and the underlying asthenospheric upper mantle is 20 kg/m 3.
As the ocean basin closes at around 10–11 Ma (Fig. 2a) the incoming
continental passive margin begins to subduct. At this point the initially
imposed push of the left continental plate to the right was deactivated
and continental subduction is driven spontaneously by slab pull. The
continental plate continues to subduct in a coherent manner to a maximum depth of ~200 km within 6 Ma after the initiation of collision
(Fig. 2b). Buoyancy of the deeply-subducted continental crust creates
large deviatoric stresses inside the continent, which triggers brittle/
plastic failure along the cold Moho boundary within the subducted
plate (Fig. 2b). A large coherent crustal-scale block of continental crust
separates from the subducting plate and is thrust back over it along a
major shear zone producing extremely rapid (within 0.2–0.3 Ma) exhumation of UHPM rocks (Fig. 2c). Strong shear heating results in localized
melting of the continental crust lubricating motion along this segment
of the shear zone. The continental lithosphere continues to subduct
leading to a second large-scale crustal stacking event ca. 0.5 Ma after
the ﬁrst (Fig. 2d).
During ascent of the second block of continental crust subduction
is terminated by slab breakoff, which localizes in the continental part
of the slab at a depth of ~ 300 km (Figs. 2d and S1c in Supplementary
materials). The breakoff exerts an instantaneous inﬂuence on the system resulting in a period of relaxation of the overriding continental
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plate, which causes a further increase in the elevation of the orogen.
After two thousand years slab rollback resumes and drives extension
of the orogen.
The subducted continental crust and associated sedimentary rocks
rapidly reach a maximum depth of 200 km and then return to
middle-to-lower crustal depths in less than 1 Ma. The metamorphic
P–T conditions for the subducted materials through time were traced
using markers (Lagrangian particles; Fig. 2a′, b′, c′, d′). All markers
were initially placed in the left-hand continental margin, with two
markers (yellow and pink) in the sedimentary rocks and six markers
(lilac, dark green, green, blue, dark blue and red) in the upper continental crust (Fig. 2a). The marker locations in the sedimentary rocks
spend a longer time in contact with the hot asthenosphere of the
mantle wedge than those in the continental crust and consequently
they deﬁne open P–T–t loops with maximum temperatures of
~ 750 °C at UHPM conditions (Fig. 2a′–d′). In contrast, the marker
locations in the upper continental crust (i.e., in the interior of the coherently moving crustal blocks) deﬁne very tight P–T–t loops, in some
cases reaching UHPM conditions but at extremely low temperatures
(b400 °C) because of the very rapid subduction and exhumation
rates associated with the large-scale crustal stacking. Consequently
there is insufﬁcient time for conductive heating of the exhuming
thrust blocks of continental crust by contact with the hot asthenosphere of the mantle wedge to raise the temperature signiﬁcantly
(see the two blue markers in Fig. 2c′). As a result, partial melting is
localized rather than widespread and melt-induced buoyancy only
contributes to the exhumation of the UHPM sedimentary rocks (yellow
and pink markers in Fig. 2d′).
Another distinct consequence of this modern collision scenario is
delamination of deeply subducted continental mantle lithosphere
from the crust—a process that is common during the evolution of
modern collisional orogens (e.g. Faccenda et al., 2008; Duretz et al.,
2011; Gray and Pysklywec, 2012). Overall, the reference model CS
shows rapid exhumation of continental blocks; both the continental
crust and the sedimentary rocks record HPM–UHPM P–T conditions.
The orogen reaches a relatively high elevation.

3.1.2. Extrapolation of the CS model back in time
Modiﬁcation of the initial parameters (upper-mantle temperature,
crustal radiogenic heat production, thickness of the continental lithosphere and the chemical density contrast between the subcontinental
lithospheric mantle and the underlying mantle) to extrapolate the CS
model back in time leads to notable changes in the internal evolution
and geometry of the continental collision (Figs. 3 and S2 in Supplementary materials). Increasing the upper-mantle temperature to
40 K above the present value precludes decoupling of the continental
crust and the formation of thrust blocks as occurred in the reference
model, although the early evolution of the model is similar with subduction of the oceanic lithosphere and formation of a small back-arc
basin. The incoming continental margin is subducted to a depth of
~ 190 km before subduction is terminated by slab breakoff, which localizes at the oceanic lithosphere–continental lithosphere transition.
Slab breakoff results in a period of relaxation of the overriding continental plate. The ascending upper continental crust and associated
sedimentary rocks experience decompression partial melting and
form a dome structure at crustal depths (Fig. 3b).
The sedimentary rocks (represented by blue and green markers)
and continental crust (represented by light blue, pink and red
markers) that were subducted to depths up to ~ 190 km before
returning to the upper crust, record HPM–UHPM peak P–T conditions
and post-peak decompression P–T–t paths (Fig. 3b′). As in the reference model, the sedimentary rocks were heated by exposure to the
hot asthenosphere of the mantle wedge leading to development of
open P–T–t loops, whereas markers within the continental crust
show tighter P–T–t loops at lower temperatures within the HPM
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Fig. 2. Evolution of the reference model CS (large-scale crustal stacking; with the 600 km long oceanic lithosphere component and the abrupt (50 km wide) incoming passive
margin). The model involves subduction of an oceanic plate (a) followed by subduction of the continental plate (b). The subducted continental crust decouples from the underlying
lithospheric mantle as a block (b) and ascends close to the surface, whereas the continental lithosphere continues to subduct leading to decoupling of a second block of continental
crust which ascends to underthrust the ﬁrst (c). During the ascent of the second continental block, subduction is terminated by slab breakoff, which localizes in the continental part
of the slab at a depth of 300 km (d). The topographic proﬁle for each snapshot is given on the top. Colored squares on the snapshots are markers that refer to the diagrams with the
P–T–t paths (a′–d′). The dashed lines separate ﬁelds of different types of metamorphism (Brown, 2007): UHPM = ultrahigh-pressure metamorphism; E–HPM = eclogite–
high-pressure granulite metamorphism; and UHTM = ultrahigh-temperature metamorphism.

and UHPM P–T ﬁelds. The elevation of the orogen increases from the
beginning of the exhumation stage and may reach up to 8 km.
Increasing the upper-mantle temperature to 60 K above the present
value together with an increase in the lithosphere thickness (Lt =
150 km) and the mantle density contrast (D = 38 kg/m 3) leads to

the appearance of a small area (about 50 × 50 km) of melt-bearing
asthenosphere in the mantle wedge at the beginning of the collision
stage due to overriding plate extension associated with mantle upwelling and decompression melting (Fig. 4a). The warmer environment allows deeper subduction of the continental material up to
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~ 220 km depth compared to the previous model (~ 190 km). The
subduction is terminated by slab breakoff, which localizes at the oceanic lithosphere–continental lithosphere transition at a depth of
~ 220 km (Fig. 4c). The breakoff results in a period of relaxation of
the overriding continental plate, which causes a decrease in the temperature of the mantle wedge domain, which in turn leads to the
cooling and crystallization of melt in the area of formerly meltbearing mantle between the continental plates.
The sedimentary rocks (represented by green and blue markers) experience decompression partial melting during exhumation and form a
complex structure at 10–30 km depth located between shallowlysubducted sedimentary rocks and the underlying continental crust on
the left and hydrated mantle and the overlying volcanic rocks above
and to the right (Fig. 4d). In contrast, although the subducted continental crust (represented by red, pink and purple markers) is exposed to
HPM–UHPM conditions and returns coherently to the upper-middle
crustal level by rapid eduction along its former subduction path in less
than 1 million years, it does not melt. Delamination of the subducted
subcontinental lithospheric mantle from the crust does not occur in
this model. The exhumed HPM–UHPM units are located in the frontal
area of the orogen at 10–30 km depth where the orogen has almost
zero altitude, whereas the exhumed bending zone of the continental
plate further to the left is characterized by an increased elevation of
up to 7 km. The P–T–t paths for the subducted sedimentary rocks and
continental crust are similar to those in the reference model.
A further increase in the upper-mantle temperature to 80–100 K
above the present value, together with appropriate increases in the radiogenic heat production (Hr = 1.5× Hr0), the lithosphere thickness
(Lt = 160 km) and the mantle density contrast (D= 50 kg/m3), leads
to a completely different evolution of the model (Figs. 3d, e, 5, and S2
in Supplementary materials). Dehydration of the subducting slab and
the effect of the prescribed high ﬂuid pressure weaken the overriding
plate, which undergoes extension associated with decompression partial melting of the mantle wedge. Early during the continental collision
stage, conductive heating due to contact between the subducting slab
and the hot asthenosphere of the mantle wedge causes weakening of
the slab, which triggers shallow slab breakoff. Breakoff localizes at the
oceanic lithosphere–continental lithosphere transition at a depth of
~100 km (Fig. 5b). In turn, there is a spontaneous rapid transition
from subduction of the left-hand continental plate to retreat associated
with extension of the initially thickened overriding continental margin.
Since the left-hand continental plate is not ﬁxed, the two continental
plates start to diverge and the area of upwelling melt-bearing mantle
grows laterally. Rapid syn- to post-collision extension of the overriding
plate is associated with retreat of the left-hand continental plate and
formation of an extensional basin with volcanic rocks.
As soon as the slab breakoff occurs, the continental crust (represented by yellow and pink markers) and the associated sedimentary
rocks (represented by red and green markers), which had been
subducted to a depth of ~ 80 km, are exhumed to the upper-middle
crustal level (10–30 km depth) within the volcanic basin between
the continental plates. Because of the fast evolution of the model,
the exhumed rocks are not characterized by high temperatures, although the temperatures could increase further due to conductive
heating from the underplating hot melt-bearing mantle, and the
markers record open P–T–t loops, in most cases with a maximum
temperature of ~ 500 °C (Fig. 5c′). The exhumed rocks are mostly
characterized by eclogite–high-pressure granulite metamorphism
(E–HPM), with the exception of one marker (pink) in the continental
crust that just achieves high temperature metamorphism at UHPM
conditions and returns to a depth of ~ 20 km. The collision zone is
characterized by low altitude (see the topography proﬁles in Figs. 3d,
e, and 5). Any further increase in the upper-mantle temperature does
not change the style of the model evolution, but simply causes the
formation of a larger melt-bearing area between the continents
(Fig. 3f; Fig. S2 in Supplementary materials).

529

3.2. TD model: trans-lithospheric diapirism
3.2.1. Reference model for present-day conditions
An important parameter that has a signiﬁcant inﬂuence on the
evolution of the collision zone is the width of the incoming passive
margin. In the CS model described above the oceanic lithosphere is
attached to the continental lithosphere against an abrupt passive
margin only 50 km wide overlain by sedimentary rocks (see Fig. 2).
In contrast, in reference model TD a gradual passive margin 150 km
wide overlain by sedimentary rocks is introduced (Fig. 6a). The gradual passive margin allows deeper subduction of the continental plate
(up to 250 km depth; Figs. 6c and S3c in Supplementary materials,
also see Sizova et al., 2012) in comparison with the CS model (up to
200 km depth, Fig. 2) with its abrupt passive margin.
At a depth of 140–180 km the sedimentary rocks from the deeply
subducted passive margin start to ascend, partly undergo partial
melting, and form a diapir above the slab (Fig. 6c, d). This diapir
rises vertically penetrating through the lithosphere of the overriding
plate weakened by serpentinization during the subduction stage as
well as by upward percolation of melts extracted from the diapir.
During the ascent of the diapir sedimentary rocks mix with hydrated
lithospheric mantle of the overriding plate forming a strongly internally deformed UHPM melange that is emplaced into the bottom of
the crust. Similar trans-lithospheric sedimentary diapirs were found
in oceanic subduction models when strong melt-induced weakening
was implemented (Gerya and Meilick, 2011). The sedimentary rocks
(represented by red, pink, green and blue markers) follow almost
isothermal compression and decompression segments in the P–T–t
evolution with maximum temperature not exceeding 700 °C at
UHPM conditions (Fig. 6d′).
3.2.2. Extrapolation of the TD model back in time
Increasing the upper-mantle temperature for the TD model, leads to
notable changes in the internal evolution and geometry of the continental collision zone (Figs. 7 and 8). Increasing the upper-mantle temperature to 100 K above the present value, together with appropriate
increases in the radiogenic heat production (Hr = 1.5× Hr0), the lithosphere thickness (Lt = 160 km) and the mantle density contrast (D=
50 kg/m 3), produces a geodynamic regime manifested by rapid
overriding plate extension associated with decompression melting in
the mantle wedge at the beginning of the continental collision stage
(Fig. 8a). During subduction of the continental plate this area of meltbearing mantle grows laterally up to about 100× 100 km (Fig. 8b).
Less than 1 Ma after the collision stage was initiated the subduction
is terminated by slab breakoff at moderate depth, which localizes at the
oceanic lithosphere–continental lithosphere transition at ~200 km
(Fig. 8b). The breakoff exerts an instantaneous inﬂuence on the system
resulting in a period of extension of the initially thickened overriding
continental plate, which is associated with eduction of the subducted
continental plate (Fig. 8c, d). This causes a slight increase of the elevation of the orogen in the bending zone of the continental plate, while
the area above the melt-bearing mantle represents a basin with
~2–3 km of volcanic rocks. No delamination of subducted continental
mantle lithosphere from the crust occurs in this model.
The sedimentary rocks on top of the subducting plate (represented by red, green and pink markers) reach the UHPM ﬁeld where they
are in contact with the hot asthenosphere of the mantle wedge for
long enough to undergo partial melting during eduction and overriding plate extension. They show mostly open P–T–t loops (Fig. 8). In
contrast, rocks from the interior of the subducted and educted continental crust (represented by blue marker) were not heated to the
same extent and are rapidly returned to the surface. Therefore, although they reach the UHPM ﬁeld, they do so at extremely low
temperatures of ~ 200–400 °C and are characterized by tight P–T–t
loops (Fig. 8). The exhumed UHPM units are located at 10–20 km
depth within a magmatic extensional basin formed in response to
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Fig. 3. Evolution of the CS model with increasing ambient upper-mantle temperature (ΔT), radiogenic heat production (Hr), thickness of the continental lithosphere (Lt), and density contrast between the subcontinental lithospheric mantle
and the underlying mantle (D). Experiments show different regimes for continental collision (see Section 3.1.2), where UHPM rocks are formed in the modern collision regime at ΔT ≤ 60 K (a, b, c) but in the truncated hot collision regime at
ΔT ≥ 80–100 K (d, e, f) the continental crust is not subducted to mantle depths and UHPM rocks are not produced.
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Fig. 4. Evolution of the CS model at ΔT = 60 K; Hr = Hro; Lt = 150 km; D = 38 kg/m3 (experiment from Fig. 3c). The model involves subduction of an oceanic plate (a) followed by subduction of the continental plate (b). A small area of
melt-bearing asthenosphere from the mantle wedge forms between the two continental plates. Slab breakoff occurs at a depth of 220 km and causes the continental plate to relax with synchronous exhumation of sedimentary rocks
undergoing decompression partial melting (c, d). The melt-bearing area formed at the beginning of the collision stage cools and crystallizes.
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overriding plate extension associated with decompression melting of
the asthenosphere of the mantle wedge rising beneath the basin.
A further increase in the upper-mantle temperature to 150 K above
the present value, together with increasing the radiogenic heat production (Hr = 1.5 × Hr0), the lithosphere thickness (Lt = 160 km) and the
mantle density contrast (D= 50 kg/m3), leads to a formation of a larger
area of melt-bearing mantle between the continental plates (Figs. 7c
and S4 in Supplementary materials). Weakening of the subducting
composite continent–ocean plate due to elevated upper mantle temperature results in a much shallower slab breakoff than in the previous
experiment. This occurs at a depth of ~50 km in the continental part of
the slab (~150 km from the oceanic lithosphere–continental lithosphere transition, Figs. 7c and S4c in Supplementary materials). A
large fragment of the continental crust from the gradual passive margin
detaches together with the slab, and both rapidly sink into the hot
low-viscosity asthenosphere. Consequently, although crustal rocks
comprising this fragment are exposed to UHPM conditions, they are
not exhumed to the surface. In accordance with the high degree of magmatic and ﬂuid weakening adopted, the overriding lithosphere over the
area of the melt-bearing mantle is extended and a basin with ~5–15 km

of volcanic rocks is developed. The thinned continental crust (represented by pink and red markers) records increasing temperature at constant pressure (Fig. 7c′).
3.3. VE model: vertical crustal extrusion
3.3.1. Reference model for present-day conditions
Fig. 9 (and Fig. S5 in Supplementary materials) illustrates the evolution of a model with an abrupt passive margin in which the length
of the oceanic lithosphere component of the left hand plate is decreased to 400 km (compare with 600 km in the previous models;
also see Sizova et al., 2012). Subduction of this lithosphere generates
a weaker slab pull, slower convergence velocity, and more sluggish
slab detachment during the spontaneous collision phase due to the
decreased length of the oceanic plate (cf. Figs. S1c and S5b in Supplementary materials). The reference model VE results in the formation
and exhumation of HT–UHPM crustal rock units with very high
peak metamorphic temperatures (up to 1000 °C, Fig. 9c′).
At the beginning of the continental collision stage, after the ocean
basin closes, as the incoming continental margin starts to subduct

Fig. 5. Evolution of the CS model at ΔT = 80 K; Hr = 1.5 ∗ Hro; Lt = 160 km; D = 50 kg/m3 (experiment from Fig. 3d). The model involves subduction of an oceanic plate (a) followed
by subduction of the abrupt passive margin not deeper than 100 km (b). Slab breakoff occurs at a depth of 100–150 km. Melt-bearing asthenosphere from the mantle wedge forms
between the two continental plates (c). The subducted sedimentary material is exhumed towards the surface (pink, yellow and green markers) but remains beneath the magmatic
basin between the continental plates at a depth of 10–20 km.
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Fig. 6. Evolution of the reference model TD (trans-lithospheric diapirism; with the 600 km long oceanic lithosphere component and the gradual (150 km) passive margin).
Subduction of the oceanic plate (a) is followed by subduction of the continental plate (b). As the subducted sedimentary rocks and the upper continental crust start to ascend, they
undergo partial melting, and form a diapir above the slab (c, d). Slab breakoff occurs at the oceanic lithosphere–continental lithosphere transition at a depth of 250 km (c).
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Fig. 7. Representative snapshots from the TD model with increasing ambient upper-mantle temperature (ΔT), radiogenic heat production (Hr), thickness of the continental lithosphere
(Lt), and density contrast between the subcontinental lithospheric mantle and the underlying mantle (D). UHPM rocks are formed under present-day conditions (a) but the appearance of
melt-bearing asthenosphere from the mantle wedge between the continental plates under the hotter conditions precludes formation of UHPM rocks (b, c) (for details see Section 3.2.2).

(Fig. 9a, b), the topographic elevation increases (see the topography
proﬁles in Fig. 9) and the dip of the slab steepens to vertical
(Figs. 9b, S5b in Supplementary materials). After the subducting continental lithosphere reaches a depth of ~ 60 km most of the upper
continental crust starts to delaminate from the lower continental
crust and accretes to the overriding plate within the subduction channel
(Fig. 9b). The lower, rheologically stronger continental crust continues
to be subducted, together with a thin remnant of the upper continental
crust ~3 km thick.
The positive buoyancy of the subducting continental crust causes a
gradual decrease in the subduction velocity that in turn triggers thermal
relaxation of the subducting lithosphere. About 12 Ma after the collision
stage was initiated subduction is terminated by slab breakoff, which
does not localize at the oceanic lithosphere–continental lithosphere
transition but occurs at a much greater depth of ~400 km in the oceanic
part of the slab (Fig. S5b in Supplementary materials). The elevated slab
temperature, which occurs in response to the slower subduction caused

by the reduced slab pull of the short oceanic plate prescribed in the experiment, results in a viscous dripping instability in this model leading
to slab detachment.
After the detachment, the weight of the remaining portion of the
hanging slab is not sufﬁcient to overcome the positive buoyancy of
the continental crust, which ceases to subduct at ~200 km depth. The
system remains essentially static for about 0.5 Ma and the deep detachment event does not exert any instantaneous inﬂuence on the system. A
small component of slab rollback and extension of the overriding plate
resume after the 0.5 Ma hiatus, leading to ascent of hot asthenosphere
(Fig. 9c). In turn, this leads to smoothing of the high topography developed during the initial collision stage as the orogen widens (Fig. 9c, d).
During the period of slow continental subduction the continental
crust is subjected to heating as the continental side of the vertically
hanging slab comes into contact with the hot asthenosphere of the
mantle wedge for a prolonged period of time (ca. 2 Ma), which allows
conductive heating and partial melting of the remnant of upper
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Fig. 8. Evolution of the TD model at ΔT = 100 K; Hr = 1.5 ∗ Hro; Lt = 160 km; D = 50 kg/m3 (experiment from Fig. 7b). Subduction of the oceanic plate (a) is followed by subduction of the continental plate (b). An area of melt-bearing asthenosphere from the mantle wedge forms between the two continental plates. Slab breakoff occurs at a depth of ~200 km (b) and causes the continental plate to relax (c). The subducted continental plate returns to the surface along
its subduction path (eduction). Subducted sedimentary material is exhumed to crustal depths but remains beneath the magmatic basin between the continental plates at a depth of 20–40 km.
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Fig. 9. Evolution of the reference model VE (vertical crustal extrusion; with the 400 km long oceanic lithosphere component and the abrupt (50 km wide) incoming passive margin).
Subduction of the oceanic plate (a) is followed by subduction of the continental plate and partial melting of the continental crust and associated sedimentary materials (b, c, and d),
which are then exhumed to middle-to-lower crustal depths (d).

continental crust and the lower continental crust at ultrahigh pressures.
As a result, the positive buoyancy of the continental crust is enhanced
and the overlying material becomes strongly weakened by the percolating UHP melts. This facilitates exhumation of the buoyant melt-bearing
UHPM crustal rocks vertically towards the surface along the slab–
mantle interface in the form of a gently curved planar or wave-like
structure (Fig. 9c, d). The partially molten UHPM crust is exhumed to
depths of 10–40 km forming a plume-like body ~50 km across in the
bottom of the crust of the extending collision zone (Fig. 9d).
The P–T–t evolution of the subducted continental crust was
tracked at several locations using markers (Fig. 9). During subduction
all markers located in both the upper continental crust (represented
by dark green, green and violet markers) and the lower continental
crust (represented by blue, light blue, pink and red markers) show increasing pressure and temperature, whereas the decompression segments of the P–T–t paths are different. Some crustal material were

subducted no deeper than ~ 140 km before being exhumed to middle
crustal depths; these show tight P–T–t loops (e.g. violet and blue
markers in Fig. 9). In contrast, more deeply subducted crustal materials, which ﬁnally underlie the early exhumed crustal materials at
middle crustal depths (Fig. 9d′), have more open P–T–t loops with a
larger segment of near-isothermal decompression close to peak temperature (e.g. red and pink markers). Parts of the upper continental
crust that remained at temperatures below the solidus also become
involved in the exhumation process and represent rocks that occur
above and below the UHPM rocks in nature. These areas are characterized by high-pressure (dark green and green markers in Fig. 9) or
lower-grade metamorphism.
3.3.2. Extrapolation of the VE model back in time
As in the previous models, increasing the upper-mantle temperature for the VE model, together with appropriate increases in the
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Fig. 10. Representative snapshots from the VE model with increasing ambient upper-mantle temperature (ΔT), radiogenic heat production (Hr), thickness of the continental
lithosphere (Lt), and density contrast between the subcontinental lithospheric mantle and the underlying mantle (D). While experiments at ΔT ≤60 K (a, b) show formation of
UHPM rocks, experiments at the higher ambient upper-mantle temperatures (c, d) develop the truncated hot collision regime with shallow slab breakoff and the formation of
melt-bearing asthenosphere from the mantle wedge between the continental plates (for details see Section 3.3.2).

lithosphere thickness (Lt= 150–160 km) and the mantle density contrast (D= 38–50 kg/m3), leads to shallower slab breakoff and precludes deep subduction of continental crust. UHPM rocks are no
longer generated in models where the upper-mantle temperature
is increased to more than 60 K above the present value, and slab
breakoff occurs at the oceanic lithosphere–continental lithosphere
transition at a depth of ~ 100 km (Figs. 10c and S6 in Supplementary
materials) and terminates subduction. The breakoff results in a period of partial eduction of the subducted continental plate and relaxation and extension of the overriding plate. Where the subducted
continental crust achieves UHPM P–T conditions (represented by
the red marker) it develops an open P–T–t loop, but the UHPM
crust remains at mantle depths and is not exhumed back to crustal
depths (Fig. 10b). In contrast the associated sedimentary rocks that

reached a depth of ~ 100 km (represented by the blue and light
blue markers) experience UHPM P–T conditions and are exhumed
back to middle-to-lower crustal depths along open P–T–t loops
(Fig. 10b′), locally undergoing decompression partial melting.
At an upper-mantle temperature of 100 K higher than the present
value, together with increases in the radiogenic heat production
(Hr = 1.5× Hr0), the lithosphere thickness (Lt = 160 km) and the mantle
density contrast (D= 50 kg/m3), the continental plates stick together
forming a narrow collision zone. Less than 1 Ma after the collision
stage was initiated the subduction is terminated by shallow slab
breakoff, which localizes at the oceanic lithosphere–continental lithosphere transition at a depth of ~70 km and terminates continental subduction at this level (Fig. 10c). The subducted continental crust and
associated sedimentary rocks (represented by the red, green and blue
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Fig. 11. Representative snapshots from the reference model SD (shallow crustal delamination; with the weak felsic lower continental crust with high radiogenic heat production
and abrupt passive margin) under present-day conditions (a) and at the ambient upper-mantle temperature of 100 K higher than the present-day value (b). The weak lower
continental crust prevents subduction of the continental crust under the present-day conditions, but the two-sided hot collision regime is developed at higher ambient
upper-mantle temperatures (for details see Section 4.1.2).

markers) are caught within the narrow collision zone at a depth
b60 km and record P–T–t paths within the eclogite–high-pressure
granulite metamorphism (E–HPM) ﬁeld (Fig. 10c′).
A further increase of the upper-mantle temperature to 150 K above
the present value leads to the formation of a large area of melt-bearing
mantle at the beginning of the collision stage (Fig. 10d). In contrast to
the previous experiments at high upper-mantle temperatures, the
area of melt-bearing mantle does not initiate between the two continental plates; instead it starts beneath the incoming passive margin as
a consequence of the margin necking before the breakoff. As in the
hot TD model experiments (Fig. 7c), a large fragment of the detached
passive margin crust is subducted to UHPM depths to be lost in the
mantle (Fig. 10d). Post slab breakoff extension produces a large basin
with ~10 km of volcanic rocks between the two continental plates
(Fig. 10d), similar to the results of the other hot collision experiments
described above.
4. Experimental results for a model with weak felsic lower crust
4.1. SD model: shallow crustal delamination
4.1.1. Reference model for present-day conditions
In the previous reference models (with present-day upper-mantle
temperature) a maﬁc composition with a relatively strong rheology
(plagioclase, An75; Ranalli, 1995) was prescribed for the lower continental crust. This produced strong coupling during subduction between the continental crust and the subcontinental lithospheric
mantle across the Moho boundary and enabled deep subduction of
the continental crust into the UHPM ﬁeld.
Reference model SD (shallow crustal delamination) is similar to
reference model CS, but with a felsic lower continental crust with a
weaker rheology (wet quartzite rheology; Ranalli, 1995) and higher
radiogenic heat production (similar to the upper continental crust).
The results of two experiments are reported. For both experiments

the length of the oceanic lithosphere component of the left-hand
plate is 600 km, but in the ﬁrst experiment the width of the incoming
passive margin was 50 km (abrupt passive margin) whereas for the
second experiment the width of the incoming passive margin was
150 km (gradual passive margin). For this model with present-day
upper-mantle temperature, very deep subduction of the continental
crust does not occur in either experiment. Instead, in the ﬁrst experiment (with the abrupt passive margin) at a depth of ~ 80 km the
weak continental crust decouples from the underlying subcontinental
lithospheric mantle (Fig. S7b in Supplementary materials), which
continues to subduct causing buckling of the overlying continental
crust. The same features occur in the second experiment (Fig. 12a).
Subduction of the subcontinental lithospheric mantle is terminated
by slab breakoff, which localizes at the oceanic lithosphere–continental
lithosphere transition at a depth of ~250 km in the ﬁrst experiment
(Fig. S7c in Supplementary materials). The breakoff results in a period
of relaxation of the overriding continental plate. The hot asthenosphere
from the mantle wedge penetrates along a weak zone between the
subcontinental lithospheric mantle and the continental crust in both
experiments (Figs. 11a and 12a), but less efﬁciently in the second experiment, extending the orogen and smoothing the topography. Very
deep subduction of the continental crust and exhumation of UHPM
rocks are precluded in these experiments. Markers tracking P–T–t
paths in the ﬁrst experiment into the UHPM ﬁeld are exhumed only to
lower crustal depths (Fig. 11a′). In these experiments with weak felsic
lower crust, as well as in the CS model with strong maﬁc lower crust, delamination of continental crust from the subducting subcontinental
lithospheric mantle appears to be a characteristic feature of modernstyle collision.
4.1.2. Extrapolation of the SD model back in time
Increasing the upper-mantle temperature for the SD model to
100 K higher than the present value for both experiments produces
a different style of collision compared to all of the other experiments
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of melt-bearing mantle forms at the beginning of the collision stage
beneath the incoming passive margin as a consequence of the margin
necking before the breakoff (similar to the VE model with ambient
upper-mantle temperature of 150 K higher than the present-day
value). In a similar fashion to the ﬁrst experiment, the incoming continental lithosphere couples to the overriding plate and involves it in
a short period of double-sided subduction forming a hot two-sided
orogen with a strongly deformed and partially molten crustal root
(Fig. 12b). In contrast to the ﬁrst experiment, this orogen is underlain
by an area of melt-bearing mantle which maintains the hot environment at the collision zone. Slab breakoff localizes within the continental lithosphere at a depth of ~ 80 km and terminates continental
subduction at this depth.
5. Discussion
5.1. Reference models

Fig. 12. Representative snapshots from the reference model SD (shallow crustal
delamination; with the weak felsic lower continental crust with high radiogenic heat
production and gradual passive margin) under present-day conditions (a) and at the
ambient upper-mantle temperature of 100 K higher than the present-day value (b). The
weak lower continental crust prevents subduction of the continental crust under the
present-day conditions, but the two-sided hot collision regime is developed at higher ambient
upper-mantle temperatures (for details see Section 4.1.2).

described above with higher upper-mantle temperatures. Coupling
the higher radiogenic heat production for the felsic lower continental
crust with the higher upper-mantle temperature in the SD model
leads to a higher Moho temperature (>700 °C), which causes partial
melting of the lower continental crust at the high initial geotherm
(Figs. 11b and 12b; Fig. S8a in Supplementary materials).
During the early evolution of the ﬁrst experiment (with the narrow
passive margin, Fig. 11b) the melt-bearing lower continental crust
forms a dome-like structure at the left side of the orogen as the ocean
basin is closed by subduction of the oceanic lithosphere. This dome
is noticeably stretched by the slab pull after the onset of collision
(e.g. the blue marker in Fig. 11b′). At the beginning of the continental
collision stage, the incoming continental lithosphere couples to the
overriding plate and involves it in a short period of double-sided subduction. As a result, both continental plates subduct and create a
broad and hot two-sided orogen with a strongly deformed and partially
molten crustal root (Fig. 11b; Fig. S8b in Supplementary materials). The
red and green markers in Fig. 11b′ show that the temperature reaches
about 800 °C in the root of the orogen. Subduction of both continental
plates is terminated by slab breakoff, which localizes at the oceanic lithosphere–continental lithosphere transition in the left hand plate at a
depth of ~80 km under the central portion of the orogen. Slab breakoff
is followed by a period of isostatic relaxation of topography and crustal
extension within the orogen (Fig. S8c, d in Supplementary materials).
In the second experiment the introduction of a gradual passive
margin leads to a slightly different evolution (Fig. 12b). A large area

This study used a 2D petrological–thermomechanical numerical
model for continental collision to investigate secular change in the
style of collisional orogenesis. This model was previously used to investigate exhumation mechanisms of UHPM rocks during collision
of spontaneously moving plates (Sizova et al., 2012). In the previous
study the length of the subducting oceanic plate (=slab pull), the
width of the passive margin (=geometry, abrupt or gradual) and
the composition of the lower continental crust (=maﬁc or felsic,
strong or weak) were varied in a series of experiments for presentday conditions of ambient upper mantle temperature, crustal radiogenic heat production, and thickness and chemical buoyancy of the
continental lithosphere. The results of that study, which included
ﬂuid- and melt-induced weakening, conﬁrmed that slab pull, geometry of the margin and strength of the lower continental crust were
responsible for determining the dominant mechanism of exhumation
of UHPM rocks (Sizova et al., 2012). The study identiﬁed a wide variation of exhumation mechanisms that correspond well with exhumation mechanisms proposed for UHPM rocks on the basis of both
natural examples (e.g. Andersen et al., 1991; Kaneko et al., 2000;
Wallis et al., 2005; Epard and Steck, 2008; Brueckner et al., 2010;
Hacker et al., 2010) and analog modeling (e.g. Chemenda et al.,
1995). Because the formation and exhumation of UHPM rocks is the
characteristic feature of continental collision on modern Earth, the
model conditions for the principal mechanisms of exhumation of UHPM
rocks were selected as reference models for this study of secular change
in the style of collisional orogenesis (Sizova et al., 2012).
The reference model CS with a long oceanic plate (600 km), an
abrupt passive margin (50 km wide) and strong (maﬁc) lower crust
shows fast stacking of rigid continental crustal blocks, which leads
to duplication of the continental crust and the formation of UHPM
materials at the frontal part of the suture zone (Fig. 2d, d′). This
type of structure with duplication of the continental crust by
intracontinental thrusting associated with coeval erosion is documented for several collisional orogenic systems, such as, for example,
the western Alps (Schmid and Kissling, 2000), the Dabie Shan in
China (Okay and Sengör, 1992; Okay et al., 1993; Yin and Nie, 1993;
Nie et al., 1994) and the Western Gneiss Region in Norway (Hacker
et al., 2010).
In the reference model TD with a gradual passive margin (150 km
wide) rather than an abrupt passive margin, but still with a long oceanic plate and strong lower continental crust, exhumation of deeply
subducted crustal and sedimentary materials, which undergo partial
melting at UHPM conditions, occurs by trans-lithospheric diapirism
(Fig. 6). Such a mechanism has been proposed for UHPM rocks in
the Northern Tibetan Plateau, Northwest China in the Ordovician–
Silurian (Yin et al., 2007), in the Norwegian Caledonides in the Lower
Devonian (Root et al., 2005), in the Dabie Shan, eastern China in the
Triassic (Wang and Cong, 1999), in the south-eastern Pamir in the
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Eocene–Miocene (Hacker et al., 2005), and in the D'Entrecasteaux
Islands, Papua New Guinea in the Miocene–Pliocene (Little et al., 2011),
and is expected to occur in many arcs (Behn et al., 2011).
In contrast, in the model with the shorter oceanic plate (400 km)
and an abrupt passive margin and strong lower continental crust
(reference model VE) exhumation of buoyant melt-bearing UHPM
rocks occurs by ascent along the slab–mantle interface by a process
of vertical crustal extrusion (Fig. 9). The formation of a plume-like
body ~ 50 km across in the bottom of the crust of the extending collision zone is similar to that suggested for the Sulu terrane by Wallis et
al. (2005). In agreement with nature, HT–UHPM rocks in the model
are located within high-pressure but lower-grade metamorphic
units bounded by sharp tectonic contacts (‘intrusive-like’, e.g. Wang
et al., 1997).
The results of these numerical experiments for present-day conditions cover a large proportion of the full range of P–T conditions documented from UHPM rocks, particularly for HT–UHPM rocks. The
highest peak metamorphic temperatures (up to 1000 °C) are recorded
in the case of vertical crustal extrusion (reference model VE) in which
subducted continental crust in the vertically hanging slab is subjected
to prolonged heating by contact with the hot asthenosphere of the
mantle wedge. For this type of evolution with the formation and exhumation of UHPM rocks, the term modern collision regime is proposed.
5.2. Secular change in collisional orogenesis
For each of the reference models the ambient upper-mantle temperature, crustal radiogenic heat production, and thickness and
chemical buoyancy of the continental lithosphere were increased in
a stepwise fashion until conditions appropriate for the Proterozoic
were achieved. For the CS model (Fig. 3), even a slight increase in
upper-mantle temperature to 40 K above the present-day value precludes stacking of rigid continental crustal blocks and duplication of
the continental crust. Nonetheless, the sedimentary and crustal
materials are subducted to great depth (~ 190 km), exposed to
UHPM conditions and returned to crustal depths. An experiment
with an upper-mantle temperature of 60 K higher than the
present-day value shows similar results, with deep continental subduction and formation of UHPM rocks. Since this evolution allows
the formation and exhumation of UHPM rocks, even though the
upper-mantle temperature has been increased above the presentday value, the term modern collision regime remains appropriate.
Given that the ambient upper-mantle temperature was still ~ 60 K
warmer at the beginning of the Phanerozoic Era (Labrosse and
Jaupart, 2007; Herzberg et al., 2010), the modern collision regime
applies to collisional orogenesis throughout the Paleozoic Era.
Although strong maﬁc lower crust plays an important role in collision models for present-day conditions, particularly for the formation
and exhumation of UHPM rocks, it plays a lesser role in experiments
with higher ambient upper-mantle temperatures appropriate for the
Precambrian. For the CS model, an upper-mantle temperature of
80–100 K higher than the present-day value precludes deep subduction
of the continental crust and formation of UHPM rocks (Fig. 3). Instead
shallow slab breakoff occurs followed by post-collisional extension
that produces a basin underplated by hot melt-bearing mantle. For an
upper-mantle temperature of 150 K higher than the present-day
value the post-collisional extension is more intense (Fig. 3). For this
type of evolution without the formation of UHPM rocks, the term
truncated hot collision regime is proposed (e.g. Figs. 3d, e, f, 7b, c, 8 and
10d). This is one style of collisional orogenesis that applies to Proterozoic
Era.
Delamination of the subducted subcontinental lithospheric mantle
from the crust, which is common in modern style collision models
(Figs. 3a, 11a, and 12a), does not occur in the investigated hotter
collision models (Figs. 3e, f, 11b, and 12b). Also, in the experiments
resulting in development of the truncated hot collision regime the

collision zones are characterized by negative topographic relief; this
is consistent with results from the numerical experiments of Rey
and Houseman (2006), who showed that convergence involving
warm and buoyant lithosphere results in less topographic relief.
Early, shallow slab breakoff was previously suggested by van
Hunen and Allen (2011) as the feature of hot collision regimes that
would prohibit formation of UHPM rocks in the Precambrian. At
higher ambient upper-mantle temperatures slabs are weaker than
at present (van Hunen and van den Berg, 2008; Sizova et al., 2010).
Furthermore, the presence of melt-bearing asthenosphere between
the continental plates in the truncated hot collision regime could
make the subducting plate-bending zone even weaker due to conductive heating and contribute to easier slab detachment at shallow
depths. In experiments where shallow slab breakoff was localized inside the subducting continental plate, large fragments of the detached
passive margin crust were subducted to UHPM depths, but since these
remained attached to the sinking slab they were lost to the deep mantle
leaving no geological record at the surface (Figs. 7c and 10d).
For the TD model with a gradual passive margin, an increase of the
upper-mantle temperature to 100 K above the present-day value
leads to the development of melt-bearing asthenosphere within the
collision zone. However, in this case the gradual passive margin facilitates subduction of the continental crust to mantle depths. Slab
breakoff occurs at a depth of ~ 200 km and results in eduction of the
continental plate (Fig. 8). Although the continental crust does reach
UHPM conditions it is only exhumed to the Moho where it remains
buried under the volcanic basin that formed due to the presence of
the melt-bearing asthenosphere. If the upper-mantle temperature is
increased to 150 K above the present-day value, subduction of the
continental crust to UHPM conditions is no longer possible and a larger
volcanic basin forms due post-collisional extension and decompression
melting of the mantle beneath the overriding plate.
For the VE model with an abrupt passive margin, a 400 km long
oceanic plate and an ambient upper-mantle temperature of 100 K
higher than the present-day value a different style of collision also develops. Slab breakoff is shallow, but melt-bearing asthenosphere does
not develop between the continental plates at this stage (Fig. 10c).
This may be due to the weak slab pull (proportional to the length of
oceanic plate) prescribed in the experiment, which precludes initial
extension of the overriding plate and decompression melting of the
mantle, as occurs in other experiments that generate the truncated
hot collision regime at the same ambient upper-mantle temperature.
In the case of this particular VE model, further increase in the uppermantle temperature to 150 K higher than the present-day value leads
to the appearance of a zone of melt-bearing mantle beneath the incoming passive margin (Fig. 10d). In these experiments the high ambient
upper-mantle temperature either precludes deep subduction of the
continental crust and the development of UHPM rocks (Fig. 10c) or it
prevents their return to crustal depths (Fig. 10d).
The most important parameters controlling the collision style at
higher ambient upper-mantle temperatures are the rheology and
radiogenic heat production of the lower continental crust. In experiments with a weak felsic lower crust (the SD model with ambient
upper-mantle temperature of 100 K higher than the present-day
value), the higher radiogenic heat production of the crust and the
higher upper-mantle temperatures lead to formation of collision
zones with a broad symmetrical orogenic wedge and a strongly deformed crustal root under which shallow slab breakoff is localized
(Figs. 11b and 12b). In the experiment with a gradual passive margin,
melt-bearing mantle appears beneath the incoming continental plate
and maintains the hot environment at the orogenic wedge (Fig. 12b).
UHPM rocks are not produced in this regime; instead partial melting
of the lower continental crust leads to the formation of granites associated with amphibolite to granulite facies metamorphism (Fig. 11b, b′),
features that are typical of many orogens from the Neoarchean to the
Cambrian (e.g. Brown, 2007). For this type of evolution the term

E. Sizova et al. / Gondwana Research 25 (2014) 522–545

two-sided hot collision regime is proposed. This is another style of
collisional orogenesis that applies to Proterozoic Era.
The calculated Moho temperature for the experiment using the SD
model with ambient upper-mantle temperature of 100 K higher than
the present-day value is >700 °C. At this temperature Burov and
Yamato (2008) proposed that the ‘crème brulée’ model of lithosphere
rheology is applicable with the development of Raleigh–Taylor instabilities in the subcontinental lithospheric mantle. Although the numerical models of Burov and Yamato (2008) do not include melting,
the models demonstrate that at these conditions the continental
crust could not be subducted to mantle depths. Instead, the continental crust of the overriding plate thickens at the collision zone.
The results of the experiments reported for the models tested in this
study show that exhumation of UHPM rock units to shallow crustal
depths in orogens could only have occurred at ambient upper-mantle
temperatures b 80–100 K higher than the present-day value. This is
the threshold condition that allows slab breakoff to occur at a sufﬁcient
depth that the continental crust has reached UHPM conditions in the
mantle before the detachment event. Thus, from the point in the thermal evolution of Earth when the ambient upper-mantle temperature
declined to b 80–100 K higher than the present-day value continental
lithosphere with strong lower crust has been able to penetrate into
the mantle to UHPM conditions and also be returned to shallow crustal
depths to become part of the geological record. The timing of this
change corresponds to sometime during the Neoproterozoic Era
(Korenaga, 2006; Labrosse and Jaupart, 2007; Herzberg et al., 2010),
which coincides with the second transition in the thermal structure of
orogenic systems proposed by Brown (2006, 2007), during which
blueschists and UHPM rocks appear for the ﬁrst time in the geological
record. Thus, the modeling presented here provides an explanation
for why these rocks, which are the distinctive feature of Phanerozoic
collisional orogens, are generally absent from Precambrian collisional
orogens.
5.3. A comparison between Precambrian orogens and the numerical models
In contrast to Eoarchean–Mesoarchean crustal provinces, which register low-to-moderate-P–moderate-to-high-T metamorphism, collisional orogens from the Mesoarchean–Neoarchean to the Neoproterozoic–
Cambrian are characterized by two contrasting types of metamorphism.
Sutures are marked by eclogite–high pressure granulite metamorphism
(E–HPM), where the maximum P of metamorphism increases to around
2 GPa by the mid-Paleoproterozoic (Brown, 2006, 2007) and apparent
thermal gradients are generally in the range 350–700 °C/GPa. Away
from sutures, these orogens are characterized by granulite facies and
ultra-high temperature metamorphism (UHTM), with apparent thermal gradients that are generally in the range 800–1300 °C/GPa. The
appearance of E–HPM and UHTM in the geological record since the
Mesoarchean–Neoarchean registers a change in tectonics that generated sites of lower heat ﬂow, inferred to be associated with subduction
and the eventual orogenic suture, and sites of higher heat ﬂow, corresponding to the orogenic hinterland. This fundamental change in
tectono-metamorphic regime reﬂects the establishment of a steadystate mobile lid or plate tectonics regime on Earth (Sizova et al., 2010).
The common occurrence of ultra-high temperature metamorphism (UHTM) in Precambrian orogens corresponds to the general
predictions from the truncated hot collision regime in the numerical
models (Figs. 3d, e, f, 5, 7b, c, 8 and 10d). In the truncated hot collision
regime, after collision and slab breakoff melt-bearing mantle develops
systematically between the continental plates as they diverge from each
other, and magma underplates the developing extensional basin. In
these models, after the left-hand continent reaches the trench the
push from the left edge is discontinued and subduction is driven spontaneously by slab pull; thus, after slab breakoff the left hand plate is no
longer pulled into the mantle and extension is not limited by any push
from the left hand edge of this plate. Syn-extensional magmatism
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results in the inﬁlling of the extensional basin with volcanic rocks and
maintains high-temperature conditions in the crust beneath the basin
(Figs. 3f, 7c and 10d).
This type of deep hot crustal environment is typical for some
long-lived Precambrian plutono-metamorphic orogens, such as the
Neoarchaean Minto block in the northern Superior province of Canada
(e.g. Bedard, 2003) and the late Mesoproterozoic Musgrave province
central Australia (e.g. Smithies et al., 2011). Some Proterozoic orogens
record post-extension thickening to generate counter-clockwise metamorphic P–T paths followed by slow close-to-isobaric retrograde
cooling, such as occurred in the Paleoproterozoic Khondalite belt in
the North China craton (e.g. Santosh et al., 2009; Tsunogae et al.,
2011; Santosh et al., 2012) and the late Mesoproterozoic–early
Neoproterozoic Eastern Ghats province (EGP), part of the Eastern
Ghats belt (EGB) of peninsular India (e.g. Dasgupta et al., 2012; Gupta,
2012; Korhonen et al., in press). Such orogens might form by closure
of the extensional basin formed in the truncated hot collision regime.
Taking the last example in more detail, the EGB exposes a deep
crustal section through a composite Proterozoic orogen (Dasgupta et
al., 2012; Gupta, 2012). Geological and isotopic data have been used
to distinguish four discrete crustal provinces with contrasting histories
within the EGB (Rickers et al., 2001; Dobmeier and Raith, 2003). The
EGP is located in the central and northern parts of the EGB. The EGP
records a single long-lived high-grade metamorphic evolution in the
interval ca. 1130 Ma to ca. 900 Ma. The dominant rock types within
the province include migmatitic sillimanite–garnet-bearing gneisses
(referred to locally as khondalites), orthopyroxene-free garnetiferous
quartzofeldspathic gneisses (referred to locally as leptynites),
orthopyroxene-bearing charnockitic and enderbitic quartzofeldspathic
gneisses, and two-pyroxene maﬁc granulites. Small lenses of calcsilicate and high Mg–Al granulites occur in the gneisses and record
ultrahigh temperature metamorphic conditions. Although evidence
for the UHTM is only preserved locally, the spatial distribution of the
localities indicates that the event affected the entire EGP.
The timing of peak UHTM is estimated to be older than 980 Ma
and possibly as old as 1042 ± 41 Ma (Korhonen et al., 2011, in
press), consistent with the estimate of 1030–990 Ma from Bose et
al. (2011), with a counter-clockwise evolution reaching peak P–T conditions of > 950 °C and ~ 8 kbar (Korhonen et al., 2011, in press).
These peak metamorphic conditions preceded the emplacement of
regionally extensive charnockite–enderbite magmas at ca. 980 Ma.
The predominant zircon and monazite age populations across the region in the interval ca. 980–930 Ma record the immediate post-peak
evolution, characterized by slow close-to-isobaric cooling at a rate
of ~ 1 °C/My from peak G-UHTM conditions to the elevated solidus
at ~ 7.5 kbar. Ages younger than ca. 930 Ma are more enigmatic,
but may be related to the release of ﬂuids associated with ﬁnal melt
crystallization at depth during the waning stages of this tectonometamorphic event.
A combination of a counter-clockwise P–T evolution with extremely
high temperatures at moderate pressures suggests additional heat ﬂux
from the mantle, possibly by replacement of the lithospheric mantle
with melt-bearing asthenospheric mantle during early extension prior
to contractional thickening during the evolution to peak T and subsequent close-to-isobaric cooling. A scenario that requires early extension
with extremely high temperatures is similar to the development of the
truncated hot collision regime after slab breakoff in models CS and TD
with an upper mantle temperature of 150 K above the present value
and radiogenic heat production of 1.5 times the present value (Figs. 3f
and 7c). These values are appropriate for the late Mesoproterozoic
(Herzberg et al., 2010). In these models, during the subduction phase
dehydration of the slab weakens the overriding plate, which undergoes
extension associated with decompression partial melting of the mantle
wedge and replacement of the subcontinental lithospheric mantle by
hot, melt-bearing asthenospheric mantle. A renewed push from the
left edge of the left-hand plate in these models would generate UHTM
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conditions during a counter-clockwise P–T–t evolution that would return
the crust to ‘normal’ thickness consistent with a slow, close-to-isobaric
retrograde P–T–t evolution.
Other Proterozoic orogens are characterized by clockwise looping
metamorphic P–T–t paths and extensive granite magmatism derived
from metasedimentary and metaigneous sources. These orogens
have similarities with the two-sided hot collision regime in the numerical models (Figs. 11b and 12b), particularly the extensive lower
crustal melting. Examples include the Paleoproterozoic orogen of
the southwestern United States, comprising the Mojave, Yavapai and
Mazatzal provinces (e.g. Karlstrom and Williams, 2006; Dumond et al.,
2007), and the Paleoproterozoic Svecofennides of southern Finland
(e.g. Korja et al., 2006; Cagnard et al., 2007; Kukkonen and Lauri, 2009).
Taking the last example in more detail, the Paleoproterozoic evolution of the Svecofennian orogen in the Fennoscandian shield comprised
ﬁve tectonic events: continental rifting, microcontinent accretion,
extension of the accreted crust, continent–continent collision, and
extensional collapse of the collision belt (Lahtinen et al., 2005). Across
southern Finland, the continent–continent collision at 1.85–1.79 Ga is
characterized by migmatites and granites that were made famous by
Sederholm during the early twentieth century (Sederholm, 1967; see
also, Ehlers et al., 1993; Kurhila et al., 2005). The associated metamorphism is of high T/low P type (e.g. Korsman et al., 1984; Väisänen et
al., 2002; Mouri et al., 2005) with looping P–T–t paths reaching amphibolite to granulite facies conditions (4–6 kbar, 650–800 °C) throughout
southern Finland (e.g. Cagnard et al., 2007). The geochemistry of the
granites requires a diverse range of metasedimentary and plutonic
crustal sources, as well as in some cases hybridization between strongly
enriched mantle-derived melts and anatectic melts derived from the
Svecofennian crust (e.g. Kurhila et al., 2010, 2011; Rutanen et al.,
2011). Late stage small, post-collisional (1.81–1.77 Ga) shoshonitic
granites are strongly enriched in large ion lithophile elements and
light rare earth elements, but relatively depleted in high ﬁeld strength
elements and heavy rare earth elements. The most likely origin for
these magmas was by melting of the subcontinental lithospheric
mantle, which had been enriched during the previous Svecofennian
subduction–accretion process (Väisänen et al., 2000; Rutanen et al.,
2011), as hot asthenosphere replaced the lower part of the lithosphere
during limited orogenic collapse that left the crust thicker than average
at the end of the orogenic event.
A combination of high T/low P type metamorphism with looping
P–T–t paths reaching the granulite facies, but not ultrahigh temperature metamorphic conditions, with the widespread development of
migmatites and granites suggests that crustal thickening provided
the main source of heat for the extensive crustal melting. Advective
and latent heat brought by the melts further increased the temperatures at the emplacement depth and contributed to the development
of low-P granulite facies metamorphism (Kukkonen and Lauri, 2009).
This scenario is reminiscent of the SD models in which the upper
mantle temperature was raised to 100 K higher than the present
(Figs. 11b and 12b). Coupling higher radiogenic heat production
throughout the crust with the higher upper-mantle temperature
leads to a higher Moho temperature (>700 °C), which causes partial
melting of the lower continental crust at the high initial geotherm.
Because the incoming continental lithosphere couples to the overriding plate and involves it in a short period of double-sided subduction
both continental plates subduct to create a broad hot orogen with a
partially molten crustal root where the temperature reaches about
800 °C. Subduction of both continental plates is terminated by slab
breakoff, which is followed by a period of isostatic relaxation of topography and crustal extension within the orogen. In case of the experiment with the SD model, which used a gradual passive margin,
the orogen is underlain by an area of melt-bearing mantle at shallow
depth (Fig. 12b). Impingement of the hot asthenosphere against the
thinned subcontinental lithospheric mantle generates the late stage
shoshonitic magmas.

It is only during the Neoproterozoic that sutures become marked by
early high-pressure and/or ultrahigh pressure metamorphism with
apparent thermal gradients b 350 °C/GPa and maximum P >2.7 GPa,
with younger E–HPM recording the terminal collision (Brown, 2006,
2007). Except for the orogenic belts associated with the amalgamation
of Gondwana in the late Neoproterozic to Cambrian (Cawood and
Buchan, 2007), UHTM is rare at the surface in Phanerozoic orogens,
but may be inferred at depth in the hinterland of some active orogens.
As we have shown in the previous section, this second fundamental
change in tectono-metamorphic regime reﬂects a threshold in upper
mantle temperature below which continental crust can be subducted
to mantle conditions and returned to the orogenic crust. This behavior
corresponds to the modern collision regime in the models.
6. Conclusions
In a series of experiments using a general 2D petrological–
thermomechanical numerical model, models of oceanic subduction
and continental collision for present-day conditions that result in different exhumation mechanisms for UHPM rocks were extrapolated back in
time to examine how increases in ambient upper mantle temperature,
crustal radiogenic heat production, and thickness and chemical buoyancy of the continental lithosphere affect the collision process. Whereas
changes in the model parameters such as the length of the subducting
oceanic plate (which determines the slab pull), the width of the passive
margin (abrupt or gradual geometry, which determines the ease of subduction of the continental margin) and the composition of the lower
continental crust (maﬁc or felsic, relatively strong or weak) lead to a
variety of exhumation mechanisms for UHPM rocks for present-day
conditions, these features play a minimum role in experiments with
higher upper mantle temperature conditions relating to the Precambrian.
An increase of the ambient upper-mantle temperature to >80–100 K
above the present-day value leads to two distinct modes of collision
that are different from the modern collision regime and for which the
terms truncated hot collision regime (strong maﬁc lower continental
crust) and two-sided hot collision regime (weak felsic lower continental
crust) are proposed. Both hot collision regimes are associated with shallow slab breakoff that precludes formation of UHPM rocks. Based on
models for the thermal evolution of Earth the ambient upper mantle
temperature most likely declined below 80–100 K warmer than the
present-day value during the Neoproterozoic. A change in the style of
orogenesis from the hot collision regimes to the modern collision regime
in the Neoproterozoic is consistent with the appearance of UHPM
rocks at that time and provides an explanation for their absence from
the geological record until the Neoproterozoic.
Supplementary data to this article can be found online at http://
dx.doi.org/10.1016/j.gr.2012.12.011.
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