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a b s t r a c t
Lithospheric mantle stratiﬁcation is a common feature in cratonic areas which has been demonstrated by geophysical and geochemical studies. The inﬂuence of lithospheric mantle stratiﬁcation during craton evolution remains poorly understood. We use a 2D thermo-mechanical coupled numerical model to study the inﬂuence of
stratiﬁed lithospheric mantle on craton extension. A rheologically weak layer representing hydrated and/or
metasomatized composition is implemented in the lithospheric mantle. Our results show that the weak mantle
layer changes the dynamics of lithospheric extension by enhancing the deformation of the overlying mantle and
crust and inhibiting deformation of the underlying mantle. The thickness and depth of the weak layer determines
two deformation patterns: 1) narrow mantle necking favored by shallow and thin weak layer, and 2) widespread
mantle necking favored by deep and thick weak layer. High Moho temperatures also promote the formation of
widespread mantle necking in the model with a weak mantle layer. Both shear heating and plastic strain
weakening can enhance deformation and promote asymmetric extension. Modeling results are compared with
North China and North Atlantic cratons. Our work indicates that although the presence of a weak layer may
not be sufﬁcient to initiate craton deformation, it enhances deformation by lowering the required extensional
plate boundary force.
© 2014 Elsevier B.V. All rights reserved.

1. Introduction
Cratons are continental areas on the Earth which are stabilized since
the Archean. Geodynamic modeling studies show that positive chemical
buoyancy, high viscosity, high yield strength and large thickness of cratonic root are key factors that ensure the long-term craton stability
under the condition of an ongoing mantle convection, although each
factor may be individually insufﬁcient to account for the craton stability
(Cooper et al., 2006; Gerya, 2014; Lenardic and Moresi, 1999; Lenardic
et al., 2000, 2003; O'Neill et al., 2008; Yoshida, 2012). In addition to
the intrinsic cratonic features, relatively weak zones on craton margins
such as the weak zones surrounding Tanzanian Craton and Siberian Craton (Chemenda et al., 2002; Vauchez et al., 1997), play a role in
protecting craton from destruction (Lenardic et al., 2000; Lenardic
et al., 2003; Yoshida, 2012), because deformation mainly localizes in
the weak zone areas (Dunbar and Sawyer, 1988). Conditions required
for craton stability in the past (Archean) and in the present day are different, as the mantle was hotter and more energetic in the past. Modeling from O'Neill et al. (2008) shows that with a higher mantle heat
production, a craton can maintain stability even longer, as high temperatures reduce the mantle viscosity which increases the viscosity contrast between cratonic root and the surrounding mantle. Although
most cratons observed today are stable, there are some exceptions,
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such as the North China Craton (Menzies et al., 2007), North Atlantic
Craton (Tappe et al., 2007), which have experienced dramatic deformation (for instance the Precambrian lithospheric mantle has been totally
renewed since Mesozoic in the North China Craton). The reasons why
cratons undergo destruction are even more enigmatic. How cratons
maintain stability, or undergo destruction, remains a frequently debated
topic.
A common characteristic of the cratonic lithosphere–mantle stratiﬁcation has been recently widely detected by geophysical and geochemical studies. These observations challenge previous numerical studies
that assumed homogeneous lithospheric mantle structure under
cratons. The mid-lithospheric boundary has been imaged globally
and locally under cratonic regions by using different seismic tools
(Table 1). The low velocity zone below 100 km depth in continental
mantle is revealed by the so-called “8 degree discontinuity”—the strong,
scattered reﬂections beyond 8° (700–900 km) offset in numerous continental high-resolution, long-range seismic proﬁles. Based on the global study of Ps receiver functions, Rychert and Shearer (2009) detected a
negative sharp velocity interface at depth of 95 ± 4 km beneath cratonic
regions globally, which is too sharp and too shallow to be the cratonic
lithosphere–asthenosphere boundary (LAB) (Gung et al., 2003;
Romanowicz, 2009). This mid-lithospheric interface is also revealed
at the depth of 100–150 km under North American Craton by azimuthal
anisotropy studies (Yuan and Romanowicz, 2010), corresponding to the
maximum direction gradient of the fast axis of azimuthual anisotropy
and the minimum in azimuthual anisotropy amplitude. Ps and Sp
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Table 1
Seismic evidences of mid-lithospheric boundary in cratonic regions.
Ref.a

Method

Evidence

Depth

Regions

Possible reason(s)

1
2
3
4
5

Seismic arrival time
RFb (Ps)
S wave velocity
Azimuthal anisotropy
RF (Sp and Ps)

Scattered seismic arrivals beyond ~8° offset
Sharp velocity drop (6%)
Sharp velocity drop
Change of direction of azimuthal anisotropy
Negative Sp phase

~100 km
~95 km
~100 km
100–150 km
59–113 km

Globally
Globally
Globally
North America
North America

Melts
Radial anisotropy decrease
Remnant structure
Compositional layers
Mentioned above

a
1 Thybo, (2006) and Thybo and Perchuc (1997), 2 Rychert and Shearer (2009), 3 Cammarano and Romanowicz (2007), Mercier et al. (2008), and Romanowicz (2009), 4 Yuan and
Romanowicz (2010), 5 Abt et al. (2010).
b
Receiver function.

receiver function studies proved the existence of this internal boundary
(at depths of 59–113 km) overlying a low velocity zone in the cratonic
lithosphere in North America (Abt et al., 2010). Geochemical studies revealed the layered structure in lithospheric mantle underneath cratons
based on the xenolith studies, for instance, the chemically-layered
structure across the whole North American Craton (the base boundary
of the highly depleted upper layer is in agreement with the midlithospheric boundary revealed by Yuan and Romanowicz (2010) and
Grifﬁn et al. (2004)), the two-chemically-layered structure in the Archean Slave craton (depleted upper layer and refertilized lower layer)
(Kopylova and Russell, 2000), and the three-chemically-layered
structure in the Karelian craton in Finland (highly depleted upper
layer, intermediate modiﬁed middle layer, highly refertilized lower
layer) (Peltonen and Brügmann, 2006).

a) Partial melts

The exact nature of the mid-lithospheric boundary detected by
seismic studies is complex, and several possible explanations are proposed (Fig. 1). The presence of melts is a favorite explanation for the
global occurrence of the low velocity zone in lithospheric mantle,
since a small amount of melts can signiﬁcantly decrease seismic velocities (Karato and Jung, 1998; Thybo, 2006). However, the presence of
melts in cratonic lithosphere is debated, because cratonic lithosphere
is too cold to interact with the mantle solidus (Abt et al., 2010; Grifﬁn
et al., 2004). Radial anisotropy variation with depth (Nettles and
Dziewonski, 2007) is proposed by Rychert and Shearer (2009) to explain the mid-lithospheric boundary that they observed by receiver
function (red dashed line in Fig. 1b). One scenario of craton formation
is that cratonic root is formed by thrust stacking during continental collision (Gray and Pysklywec, 2010). The interface/shear zone between

c) Remnant signature

d) Compositional stratification

b) Radial anisotropy
in North America

f) North China Craton
e) Rheological weakening

Fig. 1. Possible mechanisms for mid-lithospheric boundary in cratonic areas. (a) Partial melting generation due to the intersection of mantle solidus and geotherms (modiﬁed after Thybo
and Perchuc, 1997). Dashed geotherm is modiﬁed after Tappe et al. (2007). (b) Decrease in radial anisotropy with depth (modiﬁed after Nettles and Dziewonski, 2007). (c) Remnant structure preserved during craton formation through continental collision/thrust stacking (modiﬁed after Gray and Pysklywec, 2010). (d) Sketch showing compositional stratiﬁcation in the
North American craton (modiﬁed after Yuan and Romanowicz, 2010). (e) Sketch showing rheological weakening due to re-hydration where water is released from subducting slabs
(modiﬁed after Lee et al., 2011). (f) Sketch showing the possibility of a metasomatized layer in North China craton before its destruction (modiﬁed after Xu, 2001). The red dashed lines
show the possible depth of mid-lithospheric boundary in cratons.
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the stacked layers (Fig. 1c) is proposed as one possible origin for the
mid-lithospheric boundary (Romanowicz, 2009). Bulk composition
changes of the lithosphere (Fig. 1d) could be responsible for the midlithospheric boundary detected in the North American craton (Yuan
and Romanowicz, 2010), where the upper layer is old and depleted
(corresponds to the original part of cratonic root), while the lower
layer is relatively young (corresponds to refertilized composition).
Water released from subducting slabs can rehydrate the overlying
cratonic lithosphere (Lee et al., 2011). The ascending water (and other
volatiles) is ponding potentially at the depth corresponding to the
peak strength of the lithosphere (Fig. 1e) (Sleep, 2009), therefore a
metasomatized layer is likely present in the cratonic lithosphere, such
as proposed (Xu, 2001) for the North China craton (Fig. 1f).
The layered structure detected by geochemical studies is commonly
regarded as the consequence of mantle re-fertilization such as metasomatism resulting from the interaction of mantle rocks with melts and/or
ﬂuids either from subducting plates, or from magmatic intrusions
(Grifﬁn et al., 2003, 2009). Lithospheric strength can be dramatically
reduced if metasomatism occurs over wide areas in the mantle
(Carlson et al., 2005; Lee et al., 2011). In addition, re-hydration by
water released from subducting slabs can signiﬁcantly reduce the effective viscosity of cratonic lithosphere (Lee et al., 2011). The work done by
Wang (2010) suggests strongly heterogeneous water distribution in the
olivine from the continental upper mantle (0–170 ppm H2O), which
may result in local enhancement of the lithospheric deformation driven
by relatively weak wet olivine rheology.
Only a few studies take into account the inﬂuence of lithospheric mantle stratiﬁcation on craton evolution. O'Neill et al. (2010) studied the effects of mantle layered structure on craton evolution numerically, by
imposing a relatively weak mantle layer (representing a metasomatized
layer) with different geometries at the base of the cratonic lithosphere.
Although the weak layer inﬂuences the lithosphere–asthenosphere
coupling, it does not systematically affect the stress regime. In this
study, we investigate the extensional dynamics of cratonic lithosphere
containing a rheologically weak layer inside the lithospheric mantle
(hereby layered model), and compare results to the extension of a
homogeneous model without a weak layer in the mantle lithosphere
(hereby homogeneous model). Since detailed comparison of differences
in lithospheric extension styles between homogenous and layered
models has been previously examined (Liao et al., 2013), here we mainly focus on studying various layered models and investigate the inﬂuence of depth and thickness of the weak layer, Moho temperature,
and weakening effects (shear heating and plastic strain weakening)
on lithospheric extension, and compare the modeling results to natural
examples.
2. Methodology
2.1. Governing equations
The 2D thermo-mechanical coupled numerical code I2ELVIS (Gerya
and Yuen, 2007) based on ﬁnite-differences and marker-in-cell techniques is used to solve the mass, momentum and energy conservation
equations for an incompressible media:
∂vi
¼0
∂xi

ð1Þ

Cp the heat capacity, T the temperature, k the thermal conductivity, Hr


the radioactive heating, H s ¼ σ ij ϵ̇ij −ϵ̇ela
the shear heating (stress
ij
tensor multiply the non-elastic strain rate), and H a ¼ Tα DP
Dt the adiabatic
heating. The Einstein notation is used for the indexes i and j, which
denote spatial directions i = (x, y) and j = (x, y) in 2D.
2.2. Rock rheology implementation
Visco-elasto-plastic rheology is implemented based on the assumption that viscous, elastic and plastic deformations are happening under
the same deviatoric stress (Gerya, 2010), therefore, the total strain
rate can be represented by the summation of the three parts:
vis

ela

pla

ϵ̇ij ¼ ϵ̇ij þ ϵ̇ij þ ϵ̇ij ¼

1
1 Dσ ij
χ
þ
σ
σ þ
2η ij 2μ Dt
2σ II ij

ela
pla
where ϵ vis
ij , ϵ̇ij , and ϵ̇ij denote viscous, elastic and plastic strain rates,
Dσ

respectively. μ is shear modulus, Dtij the objective derivative, χ the plas
1
tic multiplier, σ II ¼ 12 σ ij σ ij 2 the second invariant of stress, and η the
effective creep viscosity which represents the competition between diffusion and dislocation creeps (Ranalli, 1995): η = 1/(1/ηdiff + 1/ηdisl),
where ηdiff and ηdisl are computed as:
ηdiff ¼



1
PV a þ Ea
1−n
exp
Ad σ crit
RT
2

ð5Þ

ηdisl ¼



1
PV a þ Ea
1−n
exp
Ad σ II
RT
2

ð6Þ

where Ad is the pre-factor, n the stress exponent, Va the activation volume, Ea the activation energy, R the gas constant, and σcrit = 104 Pa is
the transition stress from diffusion to dislocation creep (Turcotte and
Schubert, 2002). Although diffusion creep is happening all the time, dislocation creep dominates the deformation. Once when the yielding criterion is reached σII N =σy, effective viscosity is limited by the plastic
yielding stress:
η¼

σy
2ϵ̇II

¼

C 0 cosðarcsinðϕÞÞ þ Pϕ
2ϵ̇II

ð7Þ

where σy is the plastic yielding stress, C0 the cohesion (the residual
strength of rock when pressure is zero), ϕ the coefﬁcient of internal
friction, ϵ̇II the second invariant of strain rate. At sufﬁcient high stress
and low temperature, Peierls creep takes over from dislocation creep.
In our model, the Peierls creep is implemented to constrain the plastic
yield stress, and therefore it also constrains the effective viscosity.
Constitution equation of Peierls creep can be expressed in such manner
(Katayama and Karato, 2008):



  
PV þ Ea
σ II m n
2
1−
ϵ̇II ¼ APei σ II exp − a
RT
σ Pei

solidus

∂P
− i ¼ −ρg i
∂x j
∂xi


ρC p

∂T
∂T
þ vi
∂t
∂xi


¼

ð2Þ


∂
∂T
þ Hr þ Hs þ Ha
k
∂xi
∂xi

ð3Þ

where v is velocity, σ the deviatoric stress tensor, P the total pressure
(mean normal stress), ρ the density, g the gravitational acceleration,

ð8Þ

where σPei = 9.1 × 109 Pa, APei = 6.3 × 10−5 Pa−2 s−1, m = 1, n = 2 are
experimentally determined parameters (Katayama and Karato, 2008).
Volumetric fraction of melt M increases linearly with temperature
for a certain pressure (Gerya and Yuen, 2003b): M = 0 for T ≤ Tsolidus,
for Tsolidus b T b Tliquidus, where
M = 1 for T ≥ Tliquidus and M ¼ T T−T−T
Tsolidus and Tliquidus are the solidus and liquidus of a considered rock, respectively (Table 2), and they are pressure-dependent. We use highly
simpliﬁed rheological model for partially molten rocks according to
which rocks with M b 0.1 are assigned by solid state ﬂow law, whereas
rocks with M N 0.1 are assigned by lower cutoff viscosity of 1018 Pa s. Besides, no melt extraction is simulated in our models. The melt fraction M
also inﬂuences the effective density (ρeff) of partial melting rocks: ρeff =
ρsolid(1 − M) + ρmoltenM, where ρsolid and ρmolten are the densities of
liquidus

∂σ ij

ð4Þ

solidus
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Table 2
Temperature-and pressure-dependent parameters used in the numerical experiments.

Crust
Mantle
Weak zone

Tsolidus (K)

Ref.a

889 + 536.6/(0.03P + 1.609) + 18.21/(0.03P + 1.609)2 at P b 1200 MPa, 831 + 0.06P at P ≥ 1200 MPa
1393.811 + 0.132899P − 5.104 × 106P2 at P b 10,000 MPa, 2212.4 + 0.030819 (P − 104) at P ≥ 10,000 MPa
1239.8 + 1493.0/(0.03P + 9.701) at P b 2400 MPa, 1266.3 − 0.011844P + 3.5 × 106P2 at P ≥ 2400 MPa

1,2
3
4

Tliquids (K)
1262.0 + 0.09Pb
2073.15 + 0.114P
2073.15 + 0.114P

Crust
Mantle
Weak zone

1
5
5

k (W m−1 K−1)
Crust
mantle
Weak zone
a
b

[1.18 + 474/(T + 77)]exp(0.00004P)
[0.73 + 1293/(T + 77)]exp(0.00004P)
[0.73 + 1293/(T + 77)]exp(0.00004P)

6
6
6

1 Johannes (1985)), 2 Poli and Schmidt (2002), 3 Hirschmann (2000), 4 Schmidt and Poli (1998), 5 Hess (1989), 6 Clauser and Huenges (1995).
Pressure in unit of MPa.

solid and molten rocks, respectively. Rock density itself is also pressure
and temperature dependent: ρ = ρr[1 + β(P − Pr)][1 − α(T − Tr)],
where ρr is the density of a given material at the reference pressure
Pr (105 Pa) and temperature Tr (298.15 K), β and α are the compressibility and thermal expansion, respectively. Latent heating effect due
to melting/crystallization equilibrium is included implicitly by increasing the effective heat capacity and thermal expansion in the energy
conservation equation:
 
∂M
∂T p

ð9Þ

 
Q L ∂M
T ∂P T

ð10Þ

Cpeff ¼ CP þ Q L

α eff ¼ α þ ρ

where Q L is the latent heat. The material parameters are shown in
Tables 2 and 3.
2.3. 2D model setup
2D numerical models are designed for studying craton extension
with a stratiﬁed mantle lithosphere (Fig. 2). The dimension of the
model box is 600 × 250 km (equivalent to 1201 × 501 nodes in a fully
staggered 2D grid), and around 3 million Lagrangian markers are
randomly distributed. The top layer is “sticky air”, underlain by the
homogeneous crustal layer and lithospheric mantle layer which is stratiﬁed by a hydrated mantle layer. A weak seed (2 × 2 km) using the same
rock properties with the weak layer is imposed in the upper mantle, to
initially generate a perturbation in the middle of the model domain. In
order to investigate the difference caused by mantle layered structure,
a homogeneous model which has the same model setup except for the
homogeneous lithospheric mantle is employed.

The initial thermal state of the lithosphere is laterally uniform with
zero horizontal heat ﬂux across vertical boundaries. The crustal surface,
Moho, and lithosphere–asthenosphere boundary (LAB) has an initial
temperature of 0 °C, 450 °C and 1300 °C, respectively, and temperature
linearly changes in the crust and mantle lithosphere. Higher initial
Moho temperatures (600, 750 and 850 °C) also have been tested in
this paper. Below the LAB, the asthenosphere has an adiabatic temperature gradient of 0.5 °C/km. A constant temperature (1320 °C) condition
is used for the lower boundary of the models. We use high thermal
conductivity of the sticky air (k = 20 W/m/K, Cp = 100 J/kg/K, ρ =
1 kg/m3) and water (k = 20 W/m/K; C p = 3300 J/kg/K, ρ =
1000 kg/m3), which ensure small temperature variations in this layer
and thus upper thermal boundary condition (T = 273 K) is efﬁciently
transferred to the deforming upper surface of the crust (i.e. to the erosion/sedimentation surface). We also use subgrid thermal diffusion
(Gerya and Yuen, 2003a) to ensure physical consistency between the
nodal and marker thermal ﬁelds.
Prescribed velocity boundary condition is used. Extension velocities are prescribed on the left and right boundaries in the same
magnitude but with opposite directions. The constant velocities on
the upper and lower boundaries are computed on the basis of
mass conservation:
vxl ¼ −vxr

ð11Þ

vxr −vxl vyl −vyu
þ
¼0
lx
ly

ð12Þ

−vyl þ vyu vyu
¼
ly
la

ð13Þ

where vxl, vxr, vyu and vyl are the normal velocities on the left, right,
upper and lower boundaries, respectively; lx and ly are the box

Table 3
Material parameters used in the numerical experiments.
Symbola
−3

ρ (kg m )
C0 (Pa)
ϕ
Eα (J mol−1)
Vα (J Pa−1 mol−1)
AD (Pan s)
n
Hr (μW m−3)
QL (kJ kg−1)
a
b

Crust (wet quartzite)

Mantle (dry olivine)

Weak zone (wet olivine)

Ref. b

2700
5 × 105
0.4
1.54 × 105
0
1.97 × 1019
2.3
1.75
300

3300
5 × 105
0.6
5.32 × 105
0.8 × 10−5
3.98 × 1016
3.5
0.022
400

3200
5 × 105
0.6
4.7 × 105
0.8 × 10−5
5.01 × 1022
4.0
0.022
400

1
2
2
2
2
2
2
1
1,3

The symbols are explained in the text. Other parameters (for all rocks): CP = 1000 J kg−1 K−1, α = 3 × 10−5 K−1, β = 1 × 10−5 MPa−1.
1 Turcotte and Schubert, (2002), 2 Ranalli (1995), 3 Bittner and Schmeling (1995).
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Fig. 2. Initial setup of the layered model. The top layer in the model is 10 km thick sticky air (which approximates the upper surface of the crust as a free surface), underlain by a 40 km thick
homogeneous crustal layer. Mantle lithosphere is 160 km thick, stratiﬁed by a weak layer. The depth and thickness of the weak layer varies in different models. A weak seed is used to
localize initial deformation in the center of the model (Huismans and Beaumont, 2011). Initial temperature increases linearly in the crust and mantle lithosphere, but with different temperature gradients (the white line), deﬁned according to the prescribed Moho temperature. Extension velocity of 1.5 cm/yr is prescribed on both left and right boundaries. To ensure global
mass conservation, new material is added to the model through the upper and lower boundary according to the prescribed vertical velocities (see text for details).

a)

d)

b)

e)

c)

f)

Fig. 3. Extension of the homogeneous and layered models shown by composition (a, b, d, and e) and topography (c, f). White lines in the composition snapshots are isotherms, with an
interval of 200 °C. Depth (here and in the following the depth is given for the top surface of the weak layer) and thickness of the weak layer are 90 and 20 km, respectively. The initial Moho
temperature is 450 °C. Shear heating is included, whereas plastic strain weakening is not employed.

dimensions in x and y directions; la is the thickness of the sticky air
layer. vxl and vyl have minus signs which means that they are in the
opposite directions with respect to vxr and vyu (x is positive rightward and y is positive downward), respectively.

With a weak sticky air layer overlain, the crustal surface is approximated as a free surface (Crameri et al., 2012) that can thus deform spontaneously. Our erosion/sedimentation model is highly simpliﬁed and
uses gross-scale erosion/sedimentation rates which are independent

Fig. 4. Effect of the depth and thickness of the weak layer on lithospheric extension. The thickness of the weak layer varies from 10km (a–e) to 20km (f–j). The depth of the weak layer
increases gradually from 60 to 180km. Dynamic evolution of the models is shown with thinning factor, which is the normalized lithospheric thinning: (l0−l)/l0, where l0 is the original
lithospheric thickness, l is the lithospheric thickness at a certain time. When thinning factors reach 1, lithospheric breakup occurs. One composition snapshot (zoomed in) is shown
for each model. The red dashed line distinguished the narrow mantle necking (above) and the widespread mantle necking (below). The interval of temperature isotherm is 200°C.
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g)

c)
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e)

j)
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of local elevation and topography slopes (Burov and Cloetingh, 1997).
We use moderate erosion/sedimentation rate (0.315 mm/yr) which
falls within naturally observed ranges. Erosion and sedimentation on
the crustal surface are implemented by solving the transportation equation on the Eulerian nodes at each time step (Gerya and Yuen, 2003b):
∂yes
∂y
¼ vy −vx es −vs þ ve
∂t
∂x

ð14Þ

where yes is the vertical position of the crustal surface; vy and vx are the
vertical and horizontal velocity components on the crustal surface; vs
and ve are the sedimentation and erosion rates, respectively, which
correspond to the following relations: vs = 0 and ve = 0.315 mm/yr
for yes b 10 km, vs = 0.315 mm/yr and ve = 0 for yes ≥ 10 km (the initial
depth of the crustal surface is 10 km).
3. Modeling results
3.1. Inﬂuence of lithospheric mantle stratiﬁcation
Our numerical models generate typical rifting features (Braun and
Beaumont, 1989; Zuber and Parmentier, 1986), such as the narrow
mantle necking that develops following the narrow perturbation, the elevated geotherm caused by thermal convection and conduction, and the
surface topography consisting of a major central depression and uplifted
rift ﬂanks (Fig. 3). As shown in a previous study (Liao et al., 2013), the
layered model (including a weak layer within the mantle lithosphere)
has distinct extension and breakup processes compared to that of the
homogeneous model (without the weak layer). The weak layer enhances deformation of the overlying mantle and crust (crustal breakup
occurs much earlier and weak material is exposed to the surface), but
inhibits deformation of the underlying mantle and delays upwelling of
the asthenosphere. This occurs because the accumulated weak material
accommodates the space generated by extension. The weak layer also
introduces lateral heterogeneity, which leads to asymmetric mantle
necking (Fig. 3e). Since the deformation of the mantle lithosphere is
inhibited, lithospheric breakup completes relatively late (Fig. 3e). Compared to the homogeneous model which generates relatively symmetric
passive margins, layered model generates asymmetric margins (Fig. 3f).
Sedimentation and erosion processes can signiﬁcantly inﬂuence the
rifting dynamics and surface topography (Buiter et al., 2009; Burov
and Poliakov, 2001), however, the sedimentation/erosion is implemented in a highly simpliﬁed way in our models which only gives the ﬁrst
order features of the surface topography.
3.2. Depth and thickness of the weak layer
Initial depth and thickness of the weak layer inﬂuence lithospheric
extension (Fig. 4). With a shallower weak layer, mantle melting due to
decompression and the followed lithospheric breakup occur earlier.
The thickness of the weak layer has a similar effect, i.e., a thinner
weak layer promotes earlier decompression melting and continental
breakup. In contrast, a deeper or thicker weak layer favors distributed
lithospheric extension and widespread mantle necking/asthenosphere
upwelling. If the weak layer locates sufﬁciently deep approaching the
LAB, due to the high lithospheric temperature and the lowered solidus
of the weak (hydrated) layer, partial melting is generated spontaneously with extension in the weak layer, which can change the dynamics of
deformation. When the partially molten weak layer material reaches
the crustal surface, it solidiﬁes and becomes denser, and as a result,
the exposed weak material drips into the asthenosphere due to the
negative buoyancy (Fig. 4j). Here, we identify two deformation
patterns: 1) narrow/localized and 2) widespread mantle necking
(distinguished by a red dashed line in Fig. 4). The weak layer decouples
the underlying lithospheric mantle (lower lithosphere—LL) from the
overlying lithospheric mantle and crust (upper lithosphere—UL) (stress

snapshots in Fig. 5). The major shear zones in the UL form along the
weak layer channel and become widespread with extension (Fig. 5).
A late strain localization (narrow mantle necking/asthenosphere upwelling area) forms in the LL after a certain extension since the uppermost part of the LL behaves brittlely (Fig. 5). The UL shear zones
widen the rifting area while the late LL strain localization promotes narrow mantle necking/asthenosphere upwelling and continental breakup.
Therefore model evolution is governed by the extension in the UL and
LL. With a shallow weak layer, the strain localization in the LL occurs
earlier and leads to a narrow mantle necking (Figs. 4c, 5a). In contrast,
with a deep weak layer, strain localizes in the LL relatively late and the
UL shear zones widen the rifting area greatly.
Asymmetric brittle extension is dominant in the early extension stage,
followed by symmetric or asymmetric ductile-dominated deformation
(Liao et al., 2013), generating the so-called asymmetric–symmetric (AS)
or asymmetric–asymmetric (AA) deformation patterns proposed by
Huismans and Beaumont (2002). In our study, most of the layered
models produce an AA pattern, i.e. asymmetric brittle deformation
followed by asymmetric ductile deformation (Fig. 4). Initial asymmetric
perturbations are introduced by the randomly distributed markers in
the model, and have been ampliﬁed by shear heating. As a consequence,
one branch of the major conjugate shear zones that formed around the
weak seed becomes dominant while another one is gradually abandoned.
Since it is randomly chosen which of the two branches becomes
dominant, both leftward and rightward asymmetric shear zones
are generated in the brittle part of the lithosphere. Formation of
the asymmetric pattern of mantle necking/asthenosphere upwelling
is related with the strain localization in the lower lithosphere (LL)
underneath the weak layer (Fig. 5). Asymmetric strain localization
in the LL has a strong relation with the laterally accumulated weak
layer material which distributes asymmetrically along the horizontal
direction (Figs. 4h, 5b), since lithospheric lateral heterogeneity
greatly affects strain localization (Le Pourhiet et al., 2004; Pascal
and Cloetingh, 2002).
3.3. Effects of Moho temperature
The rheological structure (brittle–ductile layering) which deﬁnes
the distribution of lithospheric strength, is to ﬁrst order, a key factor
controlling lithosphere deformation (Afonso and Ranalli, 2004; Burov
and Watts, 2006). Most of the lithospheric strength is located in the
upper brittle part of the crust and uppermost part of the lithospheric
mantle (Brace and Kohlstedt, 1980; Kohlstedt et al., 1995). Therefore,
lithosphere deformation can be dominated either by the upper crust
or uppermost lithospheric mantle, depending on which accumulates
the most stress (Behn et al., 2002; Gueydan et al., 2008). The Moho temperature plays a signiﬁcant role on lithospheric strength distribution, as
a high Moho temperature can dramatically reduce the strength of the
uppermost lithospheric mantle. The work done by Gueydan et al.
(2008) shows that Moho temperature affects the strength ratio between crust and mantle and leads to two end-member rifting patterns:
low Moho temperature promotes the formation of narrow rifting while
high Moho temperature favors wide rifting. With sufﬁciently high Moho
temperature (where the heat can be inherited from previous collision),
partial melting likely occurs in the lower crust, which leads to lower
crustal dome (core complex model) and generates smooth Moho
topography (Buck, 1991; Schenker et al., 2012).
In this section, the inﬂuence of higher Moho temperature on the
lithospheric thermal–mechanical structures and lithospheric extension
has been studied. Fig. 6 shows one-dimensional initial temperature distributions and stress envelops with respect to different initial Moho
temperatures. The 1D calculation is based on the initial lithospheric
structure (Fig. 2) and rock properties (Table 3) used in our 2D numerical
modeling. The 1D lithospheric strength is calculated by taking the minimum value between the linear Mohr–Coulomb plastic yielding and the
power-law dislocation creep under a constant strain rate. Higher Moho
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a) Depth = 120 km, thickness = 10 km

b) Depth = 120 km, thickness = 20 km

c) Depth = 150 km, thickness = 10 km

d) Depth = 150 km, thickness = 20 km
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Fig. 5. Inﬂuence of the depth and thickness of the weak layer on strain localization in the upper lithosphere (UL) and lower lithosphere (LL) separated by the weak layer. The second
invariant of strain rate is shown in the upper panel while the second invariant of deviatoric stress is shown in the lower panel. Note that a, b, c, and d corresponds to c, d, h, and i in
Fig. 4, respectively.

temperatures indicate hotter lower crust as well as hotter uppermost
lithospheric mantle. The strength peak of the uppermost mantle lithosphere decreases rapidly with increasing Moho temperature (Fig. 6b),

a)

b)

Fig. 6. 1D initial temperature distribution (a) and lithospheric strength (b) with respect to
different Moho temperatures. The 1D lithospheric strength is computed by taking the
minimum value between the linear Mohr–Coulomb yielding stress and the power-law
dislocation creep stress under a constant strain rate (1.6 × 10−15 s−1). Related parameters are listed in Table 3.

as high temperature reduces mantle viscosity exponentially. With
Moho temperature higher than 750 °C, deformation in the upper mantle is entirely governed by dislocation creep. As a result, deformation
does not localize into large plastic shear zones but remains broadly distributed, thus generating ﬂat Moho topography.
In both the homogeneous and layered models, a higher Moho temperature leads to more distributed lithospheric extension in the early
extension stage and strain localizes relatively late (Fig. 7a, b, d, and e).
High Moho temperature inhibits the formation of lithospheric necking,
as high geotherm deactivates brittle/plastic deformation (and the perturbation caused by the weak seed becomes subtle) which has been
regarded as an important factor leading to necking (Bassi, 1991; Bassi
et al., 1993). If the Moho temperature is higher than the threshold
(~800 °C), extension dynamics signiﬁcantly changes, as a partial molten
layer is generated in the lower crust in the beginning of extension
(Fig. 7c, f). Buoyant instabilities drive the deformation in the molten
crustal layer, forming crustal domes. The location of the lower crustal
domes is not deﬁned by the initial weak seed, but is determined from
the perturbations generated by Rayleigh–Taylor instability induced by
lower crustal melting. Crustal convection cells will form in the molten
lower crustal layer once the Rayleigh number of the molten lower
crust is larger than the critical Rayleigh number (Schenker et al., 2012;
Turcotte and Schubert, 2002). For the layered model, the inﬂuence of
the high initial Moho temperature on lithospheric extension is similar
to that in the homogeneous model. However, the weak layer enhances
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a1)

b1)

c1)

a2)

b2)

c2)

a3)

b3)

c3)

d1)

e1)

f1)

d2)

e2)

f2)

d3)

e3)

f3)

Fig. 7. Model evolution shown by thinning factors and composition snapshots for the homogeneous and layered models with respect to high initial Moho temperatures. Also see Fig. 3 for
the homogeneous and layered models which have a Moho temperature of 450 °C. Note that high Moho temperatures promote widespread mantle necking (d3 and e3). Weak seed location is marked by the white circle in the models where strain localization avoids the weak seed. The interval of temperature isotherm is 200 °C.

the deformation of the overlying rock (since strain localizes on the weak
seed) and promotes widespread mantle necking which leads to late
lithospheric breakup (Fig. 7d1–d3, e1–e3).
3.4. Effects of shear heating and plastic strain weakening
Shear heating is an important heat generation process which is related to mechanical energy dissipation during irreversible deformation. 1D
models show that shear heating could cause ductile strength decrease
by a factor of 10 due to a temperature increase during crustal thickening

under a realistic constant strain rate (Hartz and Podladchikov, 2008). 2D
numerical modeling shows that shear heating is signiﬁcant along localized deformation zones, where the heat generation by shear heating is
higher than that by radiogenic heating in crust (Burg and Gerya,
2005). This could explain the observed high metamorphic temperatures
in some orogenic areas, where thicker radiogenic crust is not sufﬁcient
to generate such high temperatures (Burg and Gerya, 2005) and
thermal inversion (Duprat-Oualid et al., 2013).
Fig. 8 compares the temperature perturbation caused by shear
heating during lithospheric extension in the homogeneous and layered
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a1)

b1)

c1)

d1)

a2)

b2)

c2)

d2)

e1)

f1)

g1)

h1)

e2)

f2)

g2)

h2)

Fig. 8. Temperature perturbation caused by shear heating in the homogeneous and layered models. Along the major shear zones, shear heating (d1–d2, h1–h2) is 2 orders of magnitude
larger than the radioactive heating (Table 3), which could cause large temperature difference (c1–c2, g1–g2) compared to the models without shear heating (b1–b2, f1–f2). SH—shear
heating. The rectangles marked in h1 and h2 show the data area used in Fig. 9.

models. Shear heating generates signiﬁcant temperature perturbations
(Fig. 8a, c, e, and g) along the major shear zones locating around the
initial weak seed. The temperature increase due to shear heating is in
excess of 100 and 300 K along the major shear zones in the homogeneous and layered models, respectively. Symmetric temperature perturbations gradually become asymmetric as shear heating ampliﬁes
asymmetric perturbations along major shear zones. The shear heating
along the major shear zones is two orders of magnitude lager than
the crustal radioactive heating (1.75 × 10− 6 W/m3) (Turcotte and
Schubert, 2002). Compared to the homogeneous model, the layered
model has larger and faster temperature increase (Fig. 8g2), because
the weak layer enhances localized deformation in the upper lithosphere
in the early extension stage. Shear heating has a strong dependence on
stress during brittle deformation (Fig. 9). Before 0.67 Ma, shear heating
is proportional to the increasing strain rate (since stress level remains
relatively constant during this initial stage, cf. Fig. 9a, c, and d), but has
an inverse relationship with the effective viscosity (Fig. 9b). In contrast,
after 0.67 Ma, shear heating decreases proportional to the decreasing
stress (Fig. 9a, d).
A purely phenomenological plastic strain weakening (by reducing
the plastic yielding stress after a certain strain) is commonly used in
the numerical modeling models on continental rifting and oceanic
spreading (Gerya, 2013) (and reference therein). Plastic strain weakening does not reﬂect direct physical processes, but it may represent
various weakening effects, in particular, weakening due to the presence

of ﬂuids along fault zones (Gerya, 2013). Plastic strain weakening promotes asymmetric extension (Huismans and Beaumont, 2002). The
onset of strain weakening, the magnitude of reduction in strength, and
the rate of weakening can inﬂuence the lithospheric deformation
(Allken et al., 2011; Frederiksen and Braun, 2001). In this study, we implement strain weakening by linearly reducing the coefﬁcient of internal friction (to one-half of the initial values) when plastic strain is
between 0.25 and 1.25. The effects of plastic strain weakening and
shear heating are compared in Fig. 10. Both shear heating and strain
weakening enhance deformation in the brittle part of the lithosphere
(Fig. 10b1, c1), and combination of these two effects therefore has
a more signiﬁcant inﬂuence on enhancing the lithospheric extension
(Fig. 10d1–d2). In the layered model, shear heating and strain weakening play a signiﬁcant role on generating asymmetric extension
(Fig. 10f2, g2, and h2). Shear heating and plastic strain weakening
effects are further compared in terms of boundary force in Section 5.2.
4. Discussion
4.1. Comparison with natural examples
The North China craton (NCC) provides an example of craton
destruction, although the active mechanisms triggering deformation
are still not clear (Menzies et al., 2007). The western block of the NCC
is relatively stable, whereas the eastern block underwent signiﬁcant
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a)

b)

c)

d)

Fig. 9. Evolution of (a) mean shear heating (SH), (b) mean effective viscosity, (c) mean second invariant of strain rate and (d) mean second invariant of deviatoric stress. These mean values
are averaged in the area marked by the rectangles in Fig. 8.

destruction (Fig. 11a). Depleted Precambrian lithospheric mantle has
been replaced by Mesozoic–Cenozoic fertilized mantle (Menzies et al.,
2007). The present-day thickness of the eastern block is ~ 80 km
(Fig. 11b), and the extension pattern is wide rifting (Fig. 11c), similar
to the Basin and Range province (Lu et al., 2012; Menzies et al., 2007).
Unlike the greatly curved lithosphere–asthenosphere boundary (LAB),

the Moho boundary is ﬂat (Fig. 11b). The duration of lithospheric thinning of the east block is over 100 Ma based on the magmatic events
(Xu et al., 2009), suggesting slow extension of NCC. Re-hydration of lithospheric mantle may have occurred in the NCC (Lee et al., 2011) due to
the Paleo-Paciﬁc plate subduction (Zhao and Xue, 2010). Metasomatism
is abundant in the NCC (Xu et al., 2008), and a metasomatized layer in

a1)

b1)

c1)

d1)

a2)

b2)

c2)

d2)

e1)

f1)

g1)

h1)

e2)

f2)

g2)

h2)

Fig. 10. Comparison between shear heating and strain weakening shown by the composition snapshots. SH—shear heating, SW—strain weakening. The interval of temperature isotherm is
200 °C.
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a) Tectonic units of North China craton

61

b) Profile 1 showing Moho and LAB depths

d) Modeling results showing
wide rift and flat Moho

c) Profile 2 showing crustal
structure (wide rift)

Fig. 11. Comparison with the North China craton (NCC). (a) Simpliﬁed tectonic unites of the NCC (modiﬁed after Polat et al., 2005). The east block of the NCC is in extensional regime
(Kusky et al., 2007). (b) Lithospheric structure along proﬁle 1. Dashed color lines indicate the lithosphere–asthenosphere boundary (LAB) based on different methods (modiﬁed
after Zhang et al., 2012). 1—gravity inversion, 2—geotherm inversion, 3—receiver function imaging, 4—surface wave tomography, 5—MT. (c) Crustal structure along proﬁle 2
showing wide rift structure (modiﬁed after He et al., 2009). (d) Modeling results with slow extension rate (half rate 0.3 cm/yr) showing wide rift development. Initial Moho
temperature is 450 °C.

the lithospheric mantle is proposed by Xu (2001). Our layered model
(where the weak layer represents metasomatized/hydrated composition)
with a slow extension rate (half rate 0.3 cm/yr) generates wide rift with a

ﬂat Moho topography (Fig. 11d). Due to slow and long-time extension,
the rift basin is fulﬁlled with thick sediment. Furthermore, the boundary
force required to keep the constant extension rate of the layered model

b) Hypothesised sketch of NAC destruction along profile 1
a) Simplified geological map of
North Atalantic craton

c) Modeling results

Fig. 12. Comparison with the North Atlantic craton (NAC). (a) Simpliﬁed geological map of the NAC (modiﬁed after Tappe et al., 2007). (b) Hypothesized sketch of NAC destruction through
chemical erosion (modiﬁed after Tappe et al., 2007). (c) Modeling results with a weak layer locating at the base of the lithosphere. Half extension rate is 1.5 cm/yr, and Moho temperature
is 450 °C.
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a) Thickness and depth

b) Moho temperature

c) Shear heating and strain weakening

Fig. 13. Boundary force evolution for different models. TM—Moho temperature. SH—shear heating, SW—strain weakening.

is much lower than that of the homogenous model, indicating that the
layered model is relatively easier to undergo deformation (Liao et al.,
2013).
The North Atlantic craton (NAC) also has experienced dramatic
destruction (Fig. 12), where the continent broke up and Labrador Sea
formed at ~60 Ma (Tappe et al., 2007). Based on a geochemical study,
a chemical erosion hypothesis is proposed by Tappe et al. (2007). The
lower part of the NAC lithosphere has been enriched during the longterm craton evolution. Lamproite melting occurs and accumulates at
the base of the lithosphere, which greatly aids lithospheric thinning
during Mesozoic continental extension. Lithospheric deformation with
inﬂuence of basal melts is simulated with our numerical model, which
includes a weak layer (representing accumulated melts) seating at the
base of the lithosphere (Fig. 12c). Due to the high lithospheric temperature and the lowered solidus of the weak layer, partial melting generates in the weak layer spontaneously with extension, which enhances
lithospheric deformation. Continental breakup completes much earlier
(Fig. 12). The calculated boundary force becomes negative at ~ 4 Ma
(Fig. 13a), indicating that the rapid upwelling of weak layer (with
melting) drives lithosphere deformation and compressional force is
even required to maintain the constant boundary extension rate. Therefore, basal melts indeed aids continental extension and breakup.
4.2. Boundary force
Boundary force is calculated (by integrating the normal stress along
each side boundary, and taking the mean value between the left and
right boundary forces) to evaluate the overall resistance of cratonic lithosphere to extension (Fig. 13). The layered model requires much lower
boundary force in the early extension stage (b~ 5 Ma), because the
buoyant weak layer material enhances deformation of the overlying
mantle and crust. This indicates that the layered model is easier to initiate and undergo deformation in the early extension stage under the
same stress regime induced by mantle convection and/or slab pull.
Boundary force drops rapidly in both the layered and homogeneous
models in the early stage, due to the formation of the large shear
zones in the brittle part of the lithosphere. The inﬂuence of the thickness

of the weak layer on boundary force is not signiﬁcant, but the depth of
the weak layer dramatically affects boundary force, as the shallower
weak layer decreases the strength of the lithosphere more signiﬁcantly
(Fig. 13a). Moho temperature reduces the strength of the lithosphere
greatly, as a consequence, boundary forces have smaller magnitudes
and smooth variations (Fig. 13b). Shear heating and strain weakening
both can decrease the boundary force, however models with the
weak layer show stronger variability than the homogeneous models
(Fig. 13c).
As discussed in a previous study (Liao et al., 2013), the presence of
the weak layer enhances cratonic extension, but may not be sufﬁcient
alone to initiate deformation in the ﬁrst place. Availability of the extension force in the beginning of extension is the most critical condition to
initiate deformation, whereas presence of the weak layer does not seem
to be capable of notably reducing this initially required force. Therefore
the global presence of the weak layer does not conﬂict with the observations that most cratons still maintain stability in the present day. Evolution of the North China craton is strongly affected by complex and
dynamic tectonics, such as continental collision (Menzies et al., 2007;
Zheng et al., 2009) and Paleo-Paciﬁc subduction (Zhao and Xue,
2010). The lithosphere of the NCC may have been largely modiﬁed
and weakened before the intense extension that may had been assisted
by the weak layer. The North Atlantic craton experienced long-time
weak deformation (chemical erosion) from Precambrian to Mesozoic
which sufﬁciently weakened the lithosphere, and after that the accumulated basal melts triggered and enhanced the intensive lithospheric
thinning/breakup in the late Mesozoic (Tappe et al., 2007). Therefore,
extra mechanisms (for instance the elevated geotherm (Fig. 13b) due
to plume-induced magmatism) are needed to trigger an intense cratonic deformation and breakup.
5. Conclusion
Our results show that a mid-lithospheric weak layer changes the dynamics of cratonic extension. The weak layer has a twofold effect: it enhances deformation of the overlying mantle and crust, and inhibits
deformation of the underlying mantle. The weak layer decouples the
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overlying lithospheric mantle and crust from the underlying mantle,
and its depth inﬂuences lithospheric extension. Two extension patterns
have been identiﬁed: 1) narrow and localized mantle necking is favored
by a shallow and thin weak layer, as well as low Moho temperature, and
2) widespread mantle necking which leads to wide rifting is promoted
by a deep and thick weak layer, as well as high Moho temperatures.
Shear heating and plastic strain weakening promotes asymmetric
extension, and this effect can be enhanced by the presence of a weak
mantle layer. The presence of a weak lithospheric mantle layer may
not be sufﬁcient to initiate an intense cratonic deformation and breakup, but this weak layer can indeed enhance deformation/thinning
process by lowering the required extensional boundary force.
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